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ABSTRACT

EL NIÑO AND THE SOUTHERN OSCILLATION IN PARAMETERIZED AND
SUPER-PARAMETERIZED COUPLED GENERAL CIRCULATION MODELS
Jyothi Nattala, Ph.D.
George Mason University, 2013
Dissertation Committee Chair: Dr. James L. Kinter III

The explicit treatment of cloud-scale processes in a super-parameterized coupled general
circulation model (SP-CGCM) is known to produce improved total heating and low-level
wind variability on interannual time scales relative to a model with conventional
parameterization of convection. In this study, a novel linear statistical adjustment method
has been explored to introduce a state-dependent adjustment such that the dominant
modes of variability in the model with the explicit treatment of clouds are captured in the
conventional model. This method was applied to isolate and quantify the impact of the
horizontal gradients and time evolution of the surface stress forcing of the ocean due to
the interannual surface stress variability of the SP-CGCM. The usefulness of this
approach in isolating the effects of equatorial and off-equatorial oceanic wave response to
the interannual surface stress forcing is demonstrated.

vii

CHAPTER ONE : INTRODUCTION

The El Niño/Southern Oscillation (ENSO) is the dominant coupled mode of IA
variability in the tropical Pacific. There have been several advances in simulating and
predicting ENSO in coupled ocean-atmosphere general circulation models (CGCMs) in
the past decade (Davey et al. 2002, Zhang et al. 2012). CGCMs are able to better simulate
the IA sea surface temperature (SST) variations in the tropical Pacific with a more
accurate representation of parameterized physical processes and improved vertical and
horizontal model resolutions (Guilyardi et al. 2004, Guilyardi et al. 2009b).

However, model errors persist in the simulation of mean climate and IA variability such
as the climatological cold bias in the equatorial central Pacific and warm bias along the
west coast of South America (Wittenberg et al. 2006), a latitudinally narrow equatorial
cold tongue, fast oscillation period, IA SST anomalies (SSTAs) that are too tightly
confined meridionally (Kang et al. 2001, Zhang et al. 2012) and extend too far to the west
Pacific, discrepancies in ENSO amplitude in the central/west Pacific (Guilyardi et al.
2012), wind stress response to IA SST anomalies in the eastern equatorial Pacific that is
too narrow and shifted westward (Capotondi et al. 2006), etc. Surface heat fluxes are
misrepresented and this is related to errors in cloudiness (Kleeman et al. 2001). Model
deficiencies in simulating the low-frequency (i.e. IA) large-scale (LS) wind forcing
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severely limit its capability for the study of ENSO, as the low-level winds are tied to
convective heating, upwelling, thermocline variations and SST variations.

Moreover, the model’s inability to accurately simulate IA wind forcing is linked to an
inaccurate representation of atmospheric convection. The representation of convection
over the west/central and eastern Pacific is an important factor that controls the ENSO
simulation (Wu et al. 2007, Neale et al. 2008, Toniazzo et al. 2008). Models differing in
their treatment of parameterized atmospheric convection and representation of IA
atmospheric feedbacks have been shown to produce significantly differing ENSO
behavior (Guilyardi et al. 2009a).

Climate simulations with two CGCMs that solely differ in their representation of
convection are seen to produce a different ENSO simulation. The CGCMs in question are
the Community Climate System Model (CCSM) version 3 and a super-parameterized
(SP) version of the same model (SP-CCSM) (Stan et al. 2010). While CCSM employs a
conventional cloud parameterization scheme, SP-CCSM replaces the convection scheme
with embedded cloud-resolving models (CRMs) in a multi-scale modeling framework
(MMF) (Grabowski 2001, Khairoutdinov et al. 2005). The ENSO representation in SPCCSM is more realistic with a better simulated variability of low-level winds relative to
CCSM from which it has been derived.
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This study is focused on understanding the underlying mechanisms that lead to the
difference in the simulation of ENSO in CCSM and SP-CCSM with the focus on the
surface wind stress exerted on the ocean by low-level winds and the oceanic response it
evokes. In particular, a statistical correction to simulated wind stress will be implemented
in the conventional host model that invokes the dominant IA modes of variability of the
surface stress forcing of SP-CCSM in its coupled ENSO simulation with a view to
interpreting this difference.

The thesis is organized as follows: Chapter 2 is a review on the mean tropical oceanic
circulation, followed by a brief discussion of basic ENSO theories and phase-reversing
mechanisms. The low-frequency wind-forced oceanic response is then discussed in terms
of oceanic equilibrium mode solutions which will later be used as a consistency check for
the coupled ENSO simulations. Chapter 3 discuses some key aspects of the difference in
the ENSO simulation of CCSM and SP-CCSM with the purpose of leading to the
motivation behind the proposed experimental framework. This is followed by a
description of the experimental design and the implementation of the statistical correction
method in CCSM in chapter 4.

Chapter 5 presents the ENSO simulations with the statistical correction implemented in
CCSM, which are then compared with those of CCSM and SP-CCSM. The oceanic
response to the corrected wind stress is examined with an emphasis on the role of the
meridional shear in simulated zonal wind stress (Kirtman 1997) hinting at the importance
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of equatorial oceanic Rossby wave delay effects in setting up the periodicity of ENSO.
Chapter 6 re-examines the ENSO simulations presented in chapter 5 in the context of a
simple statistical atmosphere/ocean coupled model (Kirtman 1997) in which the spatially
fixed IA surface stress variability from the CGCM simulations is used to force the ocean
model. The results of the ENSO simulations performed with the simple model are
compared against the original CGCM simulations to check for possible inconsistencies in
the interpretation of the model simulated IA variability. A synopsis and final conclusions
from the study are presented in chapter 7.
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CHAPTER TWO : MEAN TROPICAL OCEAN CIRCULATION AND
INTERANNUAL VARIABILITY

In this chapter, firstly we present an overview of the mean tropical oceanic circulation
driven by atmospheric winds. This is followed by a discussion on ENSO, which is the
dominant IA mode of coupled climate variability of the tropical Pacific, and aspects
relating to ENSO dynamics and equilibrium solutions. In later chapters, we will be
concerned with the features of ENSO simulation in CGCMs for which some concepts
presented here from previous studies will be useful.
2.1 Wind forcing and large-scale mean tropical Pacific circulation
The circulation of the ocean is set up as a consequence of the transfer of momentum by
atmospheric winds to the ocean in response to radiative forcing. We refer to the
horizontal force per unit area acting on the horizontal surface of the ocean due to the
action of atmospheric winds as wind stress or surface stress. The horizontal surface stress
 , where 
can be expressed as    

is the ocean density and  is the vertical

viscosity. The surface stress thus represents the vertical flux of horizontal momentum that
occurs due to the velocity shear at the boundary between the ocean and atmosphere. Over
the tropical ocean the annual mean surface stress is westward in response to the easterly
and equatorward component of the trade winds (Hadley 1735).
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The mean surface oceanic currents correspond to a shallow thermocline depth and low
sea surface height in the east Pacific leading to an eastward pressure gradient force in the
ocean under the hydrostatic assumption neglecting pressure gradient forces in the abyss.
The pressure gradient force is balanced by a poleward surface Ekman transport and
equatorward geostrophic flow at the depth of the thermocline away from the equator and
upwelling at the equator. At the equator, there exists a strong subsurface eastward current
known as the Equatorial Undercurrent (EUC) that flows down the mean pressure gradient
in the upper layers that is maintained by the prevailing easterlies at the surface.
2.2 Observed structure of ENSO
The ENSO phenomenon concerns the IA variation of SSTs over the equatorial central
and eastern Pacific caused by a variation in the strength of the zonal Walker Circulation
(Bjerknes 1969) which is in turn linked to IA surface atmospheric pressure variations
over the Indian ocean and eastern tropical Pacific (the Southern Oscillation (SO), Walker
1924). During the warm phase of ENSO, anomalously warm SSTs occur along the
eastern equatorial Pacific in conjunction with a weakened zonal Walker Circulation
(eastward windstress) and an intensified Hadley Circulation (Bjerknes 1969). There is an
eastward advection of warm surface waters from the west Pacific and thereby an
eastward advection of the atmospheric convective zone, a depressed thermocline in the
east leading to an anomalous westward pressure force and an equatorward movement of
the east-west Intertropical Convergence Zone (ITCZ) leading to an overall reduction in
the amount of warm surface waters across the tropical Pacific.
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2.3 ENSO Theories
2.3.1 The Bjerknes Hypothesis
Bjerknes (1969) first put forth the idea that ENSO was a coupled ocean-atmosphere
instability. For instance, during the warm phase of ENSO, a weakening in the amount of
upwelled waters in the eastern Pacific associated with reduced equatorial easterlies would
lead to enhanced flattening of the already weakened westward horizontal pressure
gradient at the base of the zonal Walker Circulation by increasing the flux of heat to the
atmosphere from the equatorial ocean, thereby leading to a positive feedback and hence a
coupled instability. In other words, the ENSO SST gradients are both caused by and are
the cause of the IA atmospheric pressure gradients and surface wind variations of the SO.
2.3.2 Coupled atmosphere-ocean interaction and ENSO irregularity
As explained earlier, ENSO involves a coupled interaction between the ocean and
atmosphere. The tropical Pacific ocean is both forced by and forces the atmosphere above
it. The atmosphere forces the ocean in that IA variability in the tropical Pacific ocean is
governed by atmospheric forcing from low-frequency LS zonal equatorial surface wind
anomalies associated with the SO. The oceanic low-frequency wind-forced response is in
the form of equatorial ocean waves that are crucial to the periodicity of ENSO as will be
discussed later.

In addition, the ocean forces the atmosphere or in other words the SST variations
themselves are equally responsible for the SO. This is explained as follows. During an El
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Niño, there is an eastward movement of the convergence zone over the western equatorial
Pacific that is influenced by the eastward expansion of the warm surface waters of the
western equatorial Pacific warm pool and hence variations in SST across the Pacific. The
associated eastward displacement of the anomalous atmospheric convective heating is
strongest in the west/central Pacific approximately between 150ºE and 150ºW, although
the maximum SST anomaly is observed in the eastern equatorial Pacific (Clarke 2007).
The anomalous equatorial surface wind response to the eastward displaced heating is in
the form of westerly surface winds that drive the coupled instability farther to the east
and hence is directly responsible for the El Niño event. The west/central Pacific is the
region of strongest ocean/atmosphere coupling for ENSO.

The IA oscillation modes are irregular with a periodicity of about 3 to 5 years. The
irregularity depends on the strength of the coupled instability which is affected by several
factors such as the monthly mean SSTs, thermocline depth and strength of equatorial
upwelling, seasonal variations in these quantities, phase of the seasonal cycle and weather
noise to name a few.

2.3.3 Phase transitioning of ENSO
Two popular theories were put forth to describe the transitioning mechanism between the
extreme phases of ENSO – the delayed oscillator theory (Schopf and Suarez 1988, Suarez
and Schopf 1988, Battisti and Hirst 1989) and the discharge-recharge oscillator theory
(Jin 1996, Jin 1997a,b, Li 1997). The delayed oscillator model operates in a “fast SST-
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slow wave” mode, in which wind-forced equatorial oceanic waves in the subsurface
determine the slow timescale of oscillation and provide the memory of the system. The
discharge-recharge oscillator on the other hand operates in a “slow SST-fast wave” mode
(Neelin 1991), in which time lags due to equatorial heat storage serves as the phasetransitioning mechanism and the memory of the system is found at the surface in the
nonequilibrium between wind forcing and the zonal mean thermocline.
2.3.3.1

Delayed Oscillator theory

In order to explain the turnabout between warm and cold anomalous SST variations in the
eastern Pacific, Suarez and Schopf (1988) proposed a simple mechanism involving
equatorial dynamics and wave reflections. In response to a westerly anomalous zonal
wind forcing in the central Pacific, oceanic equatorial waves are set up in the system to
the west of the forcing that eventually cause the turnabout in the east to occur with an
inherent delay that can be controlled. In the eastern part of the basin, SSTAs and
thermocline perturbations are strongly coupled while they are decoupled in the west. The
central part of the basin is a region of strong coupling between the ocean and atmosphere,
wherein the thermocline is sufficiently shallow so that any changes in the thermocline
affect the SST and thereby the atmosphere in this region. This region of strong coupling
acts like a forcing region or a boundary for wave propagation.

A westerly wind forcing in this region generates eastward propagating downwelling
Kelvin waves and westward propagating equatorial Rossby waves that reflect as eastward
propagating upwelling Kelvin waves at the western boundary. While the downwelling
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Kelvin waves tend to amplify the instability in the east, the reflected upwelling Rossby
waves from the western boundary tend to reverse the phase of the instability.

The temperature tendency of the coupled model is expressed as the combination of terms
representing the Bjerknes instability in the east as an exponential growth, a non-linear
cubic damping that regulates the growth in the east and also represents the atmospheric
response to SST anomalies and a term that includes multiple Rossby wave delay
boundary effects as a non-dimensional delay parameter. The perturbation required to
transition between stable and unstable equilibrium states is given by the Rossby wave
delay. Moreover, the oscillation period is found to be significantly larger than twice the
wave delay effects thereby indicating the importance of multiple wave delay effects in
establishing the period of the delayed oscillator. In addition, if the strength of the
exponential growth were to increase, the time taken to reach saturation is quicker and the
period of the model is faster.

The delayed oscillator model thus offers a plausible explanation for the transitioning
between equilibrium states of the system and the oscillation period is dictated by a
balance between a non-linear saturation of the exponential growth in the east and the
efficiency of wave reflections.
2.3.3.2

Discharge-Recharge Oscillator theory

In response to wind anomalies in the west/central Pacific, the ocean response is of two
types. The wind stress forcing and zonal pressure force associated with the thermocline
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depth anomaly tilt across the Pacific are in quasi-equilibrium near the equator. Thus a
westerly/easterly wind forcing sets up an initial response of an anomalous equatorial
thermocline tilt such that the pressure force is anomalously westward/eastward. However
the associated anomalous wind stress curl also causes a lagged response involving a
meridional Sverdrup transport that discharges/recharges the zonal mean equatorial heat
content by advective processes and local air-sea coupling. The phase transitioning
mechanism is found in the non-equilibrium of the zonal mean thermocline which
involves heat/mass adjustment across the entire tropical ocean and the wind forcing.
2.3.3.3

Role of ENSO dynamical feedbacks

Previous studies (Picaut et al. 1995) have established the role of horizontal advection by
anomalous currents in the eastward displacement of the warm pool and the amplification
of ENSO SSTAs in the equatorial Pacific. Other studies (An et al. 1999, Jin et al. 1999,
Jin et al. 2006) have stressed the importance of both the zonal advection of mean SST by
zonal current anomalies (zonal advective feedback) and the vertical advection of
subsurface temperature by mean upwelling (thermocline feedback) in causing ENSO
phase transition and growth and therefore establish a dynamical linkage between the
delayed oscillator and discharge-recharge oscillator mechanisms. In particular, the phase
transition of ENSO is established by the horizontal advection of SST by anomalous
equatorial zonal mean zonal currents and the vertical thermal flux associated with
equatorial zonal mean thermocline depth anomalies (An et al. 1999).
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2.4 Low-frequency oceanic response to spatially uniform zonal wind forcing
In the previous section, we considered the oceanic response to wind forcing in the form
of equatorial wave reflections and recharge/discharge of zonal mean heat content in the
context of the delayed oscillator and recharge/discharge oscillator. We now consider the
oceanic response in more detail. As already mentioned, the IA variability of the tropical
ocean forced by tropical wind anomalies can be understood by the oceanic adjustment
carried out by equatorial waves in the forced system.

Consider a reduced-gravity, shallow water hydrostatic model in which the tropical ocean
is approximated as a two-layer system, the layers differing only slightly in density. Let
the density and depth of the upper layer be denoted as  and  and that of the lower
layer as  and  , respectively. Between the two layers,      and   ,
where      . The upward displacement of the sea surface height is given by
 , ,  and that of the interface by  , ,  where  and  denote directions in the
east-west and north-south directions respectively and   .
The baroclinic mode of this system on an equatorial -plane when forced by LS lowfrequency zonal wind forcing satisfies the following shallow water equations (eqns. 5.38,
5.41, 5.40 of Clarke 2007):
"
    !" 
# 
  !'
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where  and  are the velocity components in the zonal and meridional directions,
!

+,- +.
+,

, # is the mean water density,

is the gravitational acceleration,  is the

Coriolis parameter and  " is the surface zonal stress.

For simplicity, we consider the oceanic response when this system is forced by steady,
spatially uniform zonal winds in the interior of the ocean basin. The initial oceanic
response is in the form of a geostrophically balanced eastward equatorial jet associated
with intense equatorial downwelling corresponding to diverging Ekman drift near the
equator and a deepened thermocline. The presence of oceanic boundaries and the
involvement of equatorial wave reflections lead to a final equilibrium quasi-steady
response that balances the uniform zonal wind stress and the zonal pressure gradient at
the equator with both components of horizontal flow eliminated. That is, when the curl of
the wind is zero, the near-equatorial balance is given by (eqn. 5.49 and 5.50 of Clarke
2007):
    0; # " 0 # !

12
3   " 4
1

2.2

" is the gradient of the sea surface height in the east-west direction and the increase in
interface/thermocline depth is given by 2  . The two layer system predicts that
under a uniform westerly wind anomaly forcing, an anomalous westward pressure
gradient develops that balances the increased interface depth relative to the sea surface in
the east. The final equilibrium solution involves multiple reflections of westward
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travelling long Rossby waves at the eastern boundary and eastward travelling Kelvin
waves at the western boundary.

The density stratification and interface height  between the two layers in a shallow
water system can be considered as a proxy for the actual oceanic density stratification and
thermocline depth in the equatorial Pacific and the baroclinic response,  5 !, of a
wind-forced shallow water system to the actual equatorial response to a wind stress
forcing.
2.4.1 Observed Equilibrium mode solutions
The observed IA thermocline depth variations approximated by the depth of the 20ºC
isotherm 67 along the equatorial (5ºS - 5ºN) Pacific have been shown (Meinen and
McPhaden 2000) to consist of two main modes – a east-west tilting mode that is in phase
with the niño 3.4 (SST anomalies averaged between 190º-120ºW; 5ºS - 5ºN) SST and
zonal winds and a mode that involves the discharge and recharge of warm water volume
(WWV) and can be considered as the variation in thermocline depth anomalies in the
western Pacific that are negatively correlated with the SST anomalies in the eastern
Pacific in a time-lagged sense.

These two modes are represented by the spatial structure and amplitudes of the empirical
orthogonal function (EOF) modes of 67 variations in the equatorial region, developed
from a gridded subsurface temperature dataset over a 20-year (1980-2000) time series, as
shown in Fig. 1 below (Fig. 3 of Meinen and McPhaden 2000). The first EOF mode is
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representative of the east-west tilting mode with the axis near 150ºW. The second EOF
mode is representative of the discharge-recharge mode which involves more of a northsouth tilt with the axis around 5ºN and lags the east-west tilting mode as seen by the
amplitudes of the two modes in the lower panel. The structure functions are of the
opposite sign in the eastern and western Pacific for the east-west tilting mode while they
are of the same sign for across the Pacific for the discharge-recharge mode.

Figure 2.1
The spatial structure (upper panel) and non-dimensional amplitudes as a function of time (lower
panel) of the empirical orthogonal functions (EOFs) fit to 67 (Fig. 3 of Meinen and McPhaden
2000). The bold contours denotes zero and the shaded areas represent land in the upper panel.
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Near the equator, the IA equilibrium balance for a zonal wind stress forcing is given by
the approximate balance between the depth-integrated east-west pressure gradient and the
forcing given by eqn. 2.2. This is the balance represented by the tilting mode, which also
suggests that the location of the anomalous zonal wind stress forcing near the equator and
the location of the anomalous slope of the thermocline depth that develops in response to
the resulting westward pressure gradient should correspond to each other. Away from the
equator, the depth-integrated meridional transport is given by the sum of the depthintegrated equatorward geostrophic transport and the diverging Ekman transport.

Mathematically, these balances can be deduced from the zonal momentum equation for
zonal wind-forced IA tropical oceanic flow of large spatial scale and represented by eqn.
2.3 at the equator and eqn. 2.4 away from the equator (Clarke et al., 2007 (eqns. 1.4 &
1.5)):
7
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In the above two equations, > is the meridional transport,  is the thermocline depth, 9"
is the gradient of perturbation pressure in the east-west direction,  " is the zonal wind
stress forcing,  is the mean water density and the sea surface height is . The depthintegration is taken between

  to

 0, under the assumption   .
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Clarke et al. 2007 have argued that the Sverdrup balance given by eqn. 2.3 does not hold
on IA timescales in actual observations, since the variation of the curl of the wind stress
which is directly related to the thermocline depth variations with a time lag is important
for the recharge/discharge of WWV and has to be included in the Sverdrup balance.

We will return to the equilibrium solutions as a diagnostic check for coupled climate
model simulations to be discussed later.

2.5 Numerical Modeling
In the next chapter, some features of the simulation of ENSO by the two CGCMs CCSM
and SP-CCSM will be presented, with a focus on their differences in the simulation of
low-level IA wind variability and the surface oceanic response. Before proceeding, we
present a brief discussion on the classification of coupled ocean-atmosphere models that
have been in use for the study of tropical ocean-atmosphere interactions, in particular the
ENSO.

The coupled model hierarchy according to the level of complexity is as follows: simple
models, intermediate coupled models (ICMs), hybrid coupled general circulation models
(HCMs) and CGCMs. The simple models employ linear reduced-gravity shallow water
models that produce depth-averaged baroclinic currents for the ocean component and
specified wind stress patterns or highly idealized dynamical, linear shallow water models
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for the atmospheric component (e.g., Lau 1981, McCreary 1983, McCreary and Anderson
1984, Philander et al. 1984, Gill 1985, Hirst 1986, Neelin 1991). In the case of a
dynamical atmospheric component, the coupling takes place via wind stress and
parameterized atmospheric heating.

The ICMs are slightly more complex than the simple models in that non-linearity is
permitted in the ocean component to the extent that the system remains bounded (e.g.,
Cane and Zebiak 1985, Anderson and McCreary 1985, Zebiak and Cane 1987, Battisti
1988, Schopf and Suarez 1988, Battisti and Hirst 1989).

The next most complex models are the HCMs in which the oceanic component is a full
non-linear GCM and is coupled to a simplified rapidly adjusting atmospheric model that
represents the steady-state response to oceanic boundary conditions. In such a system, the
effect of atmospheric variability is filtered and the memory for the coupled system is
provided by the ocean model (eg., Neelin 1989 and 1990, Latif and Villwock 1990,
Barnett et al. 1993, Syu et al. 1995). CGCMs are the most complex of the models in
which both the atmospheric and oceanic components are represented by full GCMs in
addition to other component models and non-linear atmospheric and oceanic feedback are
fully coupled. In the next chapter, we discuss ENSO simulations by the two CGCMs –
CCSM and SP-CCSM.
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CHAPTER THREE : STATISTICAL ANALYSIS AND PROPOSED CGCM
EXPERIMENTS

In this chapter, we present some aspects of ENSO simulation by CCSM and SP-CCSM
followed by the motivation leading to an experimental setup that modifies the model
simulated low-frequency IA wind forcing.
3.1 Description of the CGCMs
The two CGCMs – CCSM and SP-CCSM, employ an atmospheric component with a
horizontal resolution of 128 longitudinal by 64 latitudinal points (represented spectrally
by 42 wave components with triangular truncation, or T42) and 26 vertical levels, which
is the Community Atmosphere Model version 3 (CAM3). The oceanic component is the
Parallel Ocean Program (POP), version 1.4.3, with a horizontal resolution of 3.6 degrees
(gx3v5) and 25 vertical levels. The semi-Lagrangian dynamical core (Rasch et al. 2006)
is employed for the atmospheric component. The component models (atmosphere, ocean,
land and sea-ice) are connected through a flux coupler that exchanges fluxes based on
state variables between the components.

The CGCMs mainly differ in their underlying representation of convection. CCSM
represents the collective influence of individual clouds on the LS circulation via
conventional cumulus parameterization by employing the deep and shallow convective
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parameterization schemes of Zhang and McFarlane 1995 (ZM95) and Hack 1998
respectively. In this model, moist convection acts to subdue the convective available
potential energy (CAPE) generated during the reversible ascent of an undiluted sub-cloud
layer parcel to that of neutral ascent with respect to the large-scale mean value in the subcloud layer. The cloud top is defined by the most undilute plume that detrains upon
reaching its level of minimum in moist static energy (MSE).

SP-CCSM on the other hand, replaces the parameterization of ZM95 (Khairoutdinov and
Randall 2001), by employing a two-dimensional cloud-resolving model (CRM)
(Grabowski 2001), to simulate convective-scale processes inside each grid column of
every LS grid element of the host model. The resolution of each CRM is 4X4 km in the
horizontal with 30 vertical levels. The radiative transfer and cloud microphysics
treatments are formulated on the CRM grid.

The imposed constraint on convection to detrain above the level of minimum MSE in
ZM95 has been shown (Demott et al. 2007) to limit the capability of CAM3 to
realistically simulate the observed evolution of boundary layer MSE and vertical
moistening of the troposphere during diurnal convective precipitation events. In their
simulations with CAM3 and SP-CAM3, which is an uncoupled version of SP-CCSM
with prescribed SSTs, Demott et al. 2007 showed that buoyancy and diurnal precipitation
were strongly correlated at zero lag whereas SP-CAM3 was more consistent with the
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observed phase lag and a gradual buildup of boundary layer MSE prior to a precipitation
event.
3.2 CGCM ENSO Simulation
The ENSO simulation is very different in CCSM and SP-CCSM. CCSM generates close
to perfect biennial and nearly symmetric El Niño and La Nina events, while SP-CCSM
produces a less regular oscillation with a period closer to four years and asymmetric
warm and cold events. The explicit representation of cloud processes in SP-CCSM has
been seen to improve the shortcomings of the ENSO simulation in CCSM, in terms of its
periodicity, irregularity, amplitude of the signal and structure of the equatorial cold
tongue (Stan et al. 2010). This study focuses on understanding the reason behind the
change in ENSO periodicity of the two CGCMs from that of a strictly biennal to an
irregular oscillation in the context of model simulated fields representing the IA
variability.
3.2.1 Interannual surface zonal stress and SST
On ENSO timescales, the forcing of the ocean is primarily through surface wind
variations. Moreover, the wind stress associated with ENSO is an important factor for the
ENSO variability (Kirtman 1997, An and Wang 2000, Capotondi et al. 2006, Neale et al.
2008). We begin with examining the geographical distribution of IA surface wind stress
anomalies. Fig. 3.1 shows the regression of the surface zonal wind stress " upon the
standardized niño 3.4 index. The analysis field indicates maximum amplitude of westerly
equatorial anomalies to the east of the dateline and to the south of the equator with broad
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off-equatorial anomalies that are about four times weaker. These features are not captured
in CCSM whereas they are to a limited extent in SP-CCSM.

The off-equatorial easterly stresses are very strong in CCSM relative to the analysis field,
particularly in the northern latitudes whereas they are reduced to a large extent in SPCCSM. The peak in westerly amplitude is to the south of the equator in SP-CCSM
similar to the analysis field whereas it is more centered on the equator in CCSM. Also,
the meridional extent of the near-equatorial westerlies is broadest in the analysis and
narrowest in CCSM. In addition, the mean poleward gradient of " appears to be reduced
in SP-CCSM relative to CCSM, particularly to the north of the equator and its meridional
extent to the south is increased relative to CCSM. The latitudinal width and the poleward
gradient of " is crucial to the period of oscillation, as it determines which meridional
modes of equatorial Rossby waves get excited as an oceanic response to the surface wind
forcing through the wind stress curl (Kirtman 1997).
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Figure 3.1
Regression of surface zonal monthly wind stress anomaly (D cm-2 °C-1) with niño 3.4 for Carton
analysis (1950-1995), SP-CCSM and CCSM.

The observed pattern of IA SST anomalies (Fig. 3.2) regressed with the niño 3.4 index
shows broad positive anomalies across the central/east Pacific with relatively weaker
negative anomalies near the west Pacific in a horse-shoe pattern typical of El Niño
conditions. CCSM, on the other hand, exhibits a positive anomaly pattern in the
central/east Pacific that is most narrowly confined to the deep tropics across the Pacific
and erroneously extends farthest to the west, an absence of negative anomalies in the
west Pacific and strong off-equatorial negative anomalies in the central and west Pacific.
SP-CCSM indicates broader positive anomalies in the eastern Pacific relative to CCSM
that do not extend as far to the west Pacific as CCSM and an absence of off-equatorial
negative anomalies unlike CCSM, although the negative anomalies in the far western
Pacific are very weak or nearly absent compared to the observed.
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Neale et al. 2008 have shown with a composite El Niño that the off-equatorial negative
SST anomalies in conjunction with the strong off-equatorial easterly response to the
tropospheric heating associated with the SST gradient, play a critical role in establishing
a two-year oscillation period in CCSM by constraining the meridional expansion of the
oceanic response during an El Niño event. They suggest that a meridionally oriented SST
gradient anomaly leads to a similarly oriented surface wind response to the associated
tropospheric heating. In other words, the SST anomaly gradient linearly affects the
tropospheric heating gradient and the atmospheric surface wind response to the heating.
The oceanic response is in the form of strong off-equatorial phase-reversing long Rossby
waves that are efficient in establishing a two-year period.

Figure 3.2
Regression of monthly SST anomalies with niño 3.4 for observations (UK/Global SST (HadSST);
1950 – 1995), SP-CCSM and CCSM.
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3.2.2 Interannual diabatic heating
From an atmospheric point of view, the IA variations in SST cause the SO in the form of
anomalous tropospheric heating gradients which in turn affect the surface wind forcing of
the ocean and hence SST variations. Previous studies (Chiang et al., 2001) have
established that anomalous IA convective heating is the principal forcing mechanism
behind anomalous surface zonal wind variations over the tropical Pacific. Because
vertical velocity, modulated by static stability, and diabatic heating (DH) balance each
other to first order in a time mean sense in the tropics (Houze, 1982), the vertical
distribution of DH anomalies is an important determinant of the surface winds, and the
surface wind stress pattern therefore is determined by the SST gradient and DH
distribution.

In order to examine the anomalous variations in DH (which includes shallow and deep
convective heating, large-scale condensation and longwave heating) on IA timescales, the
following method is adopted. The atmospheric DH anomaly patterns associated with
ENSO variability are obtained by regression of the heating anomalies with a projected
time series that represents the ENSO variability in " . This time series is obtained in two
steps: first the " anomaly is regressed onto the standardized niño 3.4 index, and second
the regression pattern is projected onto the " anomaly. The projected timeseries
compares closely with that of the niño 3.4 index (not shown) indicating that the ENSO
variability is captured in the former.
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The DH as simulated by the CCSM and SP-CCSM will now be compared against
residually diagnosed (Nigam et al. 2000) three-dimensional DH from ERA-40 reanalysis
(which will hereafter be referred to as DH analysis) for the years 1958-1995. Fig. 3.3
shows the vertically-integrated (VI) DH obtained by regression with the projected time
series of " .

Figure 3.3
Regression pattern between a projected timeseries (see text) of " and the vertically-integrated
diabatic heating (DH) between 2ºS to 2ºS for residually diagnosed heating (analysis), SP-CCSM
and CCSM.

The VI DH analysis is zonally oriented with positive anomalies associated with deep
convection and rising motion over the central Pacific and a diabatic cooling center over
the South Pacific Convergence Zone (SPCZ) associated with subsidence. CCSM, on the
other hand, exhibits enhanced diabatic cooling or subsidence in the off-equatorial
latitudes with exaggerated positive near-equatorial heating anomalies that extend all the
way to the west Pacific from the east, unlike the analysis. The location of the negative
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heating anomaly over the SPCZ is not well-simulated in CCSM nor is the peak in heating
near the dateline seen in the VI DH analysis captured.

There is more variation of the CCSM VI DH in the poleward direction than zonal, with
the cooling centers shifted north and south of the central equatorial heating maximum, as
inferred in previous model studies (Nigam et al., 2000) with earlier versions of CCSM.
Those studies have also indicated that weak diabatic cooling over the west Pacific is
caused by a deficiency in the model’s seasonal variability over the west Pacific.

Some of these features are improved in SP-CCSM relative to CCSM when compared
with the VI DH analysis, particularly the reduction in convection over the SPCZ, a
reduction in the strength of off-equatorial cooling, and the reduced zonal extent of the
positive heating anomaly near the equator. The heating maximum near the dateline is
slightly shifted to the east relative to the VI DH analysis. While the heating is more
zonally oriented (‘Walker-like’) in the VI DH analysis with the meridional distribution
focused mainly near the SPCZ region, CCSM depicts a more meridionally oriented
‘Hadley-like’ circulation. The strength of the meridional circulation is reduced in SPCCSM although it not as strongly zonally oriented as the VI DH analysis.

We now examine the vertical profile of near-equatorial DH associated with ENSO
variability, shown in Fig. 3.4. The vertical DH analysis, as already inferred from the VI
DH, is clearly zonally oriented with positive anomalies associated with rising motion and

27

deep convection over the central/east Pacific and subsidence over the west Pacific, with
the peak in heating concentrated at the dateline at 500 hPa.

In SP-CCSM, the strength of the model simulated DH is higher with more concentrated
horizontal and vertical gradients and the peak in the amplitude seen at 500 hPa is slightly
shifted to the east relative to the DH analysis. In addition, the magnitude of cooling at the
lower levels appears to be rather strong in SP-CCSM. SP-CCSM captures the diabatic
cooling in the west Pacific and a zonally oriented heating pattern as in the analysis DH,
although the longitudinal and vertical extent of the diabatic cooling is smaller. The deep
convection center over the central/east Pacific extends slightly to the west of 140°E while
it is to the east of 160°E in the DH analysis.
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Figure 3.4
Regression pattern between a projected timeseries (see text) of " and vertical diabatic heating
(DH) between 2ºS to 2ºS for residually diagnosed heating, SP-CCSM and CCSM.

In CCSM, the peak in the near-equatorial DH maximum is erroneously concentered over
the region of highest SST over the warm waters of western Pacific warm pool when
compared to the DH analysis. This indicates that the effect of SST anomalies on heating
is increased in warm regions in CCSM (Philander 1990). The concurrent reduction of
deep convection in the west Pacific associated with increased deep convection in the
central/east Pacific during an El Niño event is absent in CCSM, which instead depicts a
basin-wide deep convective structure which presumably transitions to basin-wide
subsidence during the succeeding La Niña event. This is consistent with the meridionally
oriented heating structure observed earlier in the context of the CCSM VI DH.
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The vertical gradients near the peak of the near-equatorial vertical DH in SP-CCSM are
more suggestive of heating in the case of a mature cluster (MC) that includes mesoscale
updrafts and downdrafts (Hartman et al. 1984) as opposed to the gradients near the peak
of DH in CCSM. The latter gradients are more suggestive of a conventional heating
profile with weaker gradients extending through a larger vertical extent.
3.2.3 The irregularity of ENSO in SP-CCSM
In the previous two sections, we have mainly noted that the following: In SP-CCSM, the
mean poleward gradient of " is reduced particularly north of the equator (strength of offequatorial stresses are reduced) and the meridional extent of " to the south is increased
relative to CCSM, which is more in accordance with the analysis (Fig. 3.1). The IA SST,
" and VI DH all indicate more variation in the latitudinal direction in CCSM, hinting at
a locally-strengthened Hadley circulation, whereas they are more zonally-oriented in SPCCSM as they are in the observed SST and " and DH analysis. This is due to the
presence of the dipole in anomalies of observed SST and VI DH analysis in the zonal
direction and the associated reduction in the strength of off-equatorial zonal stresses.

Neale et al. 2008 have shown with an improved version of CCSM, that the presence of
the dipole in SST anomalies in the zonal direction and an associated dipole in
precipitation anomalies caused a greater shift in the location of precipitation maximum to
the central Pacific relative to that simulated by the original CCSM during a warm event.
This triggered a Walker type surface wind response to the anomalous tropospheric
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heating, that increased the strength of the westerly anomalies near the west central Pacific
due to the resulting reversal of surface pressure gradients. Anomalous absolute westerlies
were retained for significant periods before a phase reversal thus contributing to a longer
ENSO period. On the other hand, the meridionally-oriented anomalous IA SST variations
of the original CCSM triggered a Hadley type meridional response in the surface wind
with strong off-equatorial zonal stresses that created a regular succession of phasereversing long Rossby waves thus contributing to the 2-year periodicity corresponding to
the transit time of the waves.

Neale et. al. 2008 suggest at least two changes that can contribute to a longer periodicity.
One is to reduce the strength of the off-equatorial atmospheric trade response to reduce
the strength of the off-equatorial phase-reversing oceanic response. The other is to
weaken the effect of the phase-reversing reflected Rossby wave from the west by the
local effect of wind stress forcing in the eastern equatorial Pacific thus allowing for the
growth of the local instability in the east. This lengthens the period by requiring
additional phase-reversing Rossby wave reflections to reverse the phase of the oscillation
(Cane et al. 1990).

Similar to the analysis of Neale et al. 2008 (their Figs. 12 & 13), the monthly anomalous
(deviation about the climatological seasonal cycle) thermocline depth of CCSM at 0°N,
120°W correlated with the basinwide monthly anomalous thermocline and " is shown in
Fig. 3.5. The thermocline depth 67 is taken to be the depth of the 20° isotherm.
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The 2-year periodicity is apparent from the evolution of the 67 and " anomalies from
lag 4 to lag 10 months. At lag 0 which represents an El Niño event, the anomalously deep
67 in the eastern Pacific is accompanied by a westerly " anomaly to its west and strong
easterlies poleward of it. An eastward propagation of the 67 and " anomalies is evident
with increasing lag. Corresponding to the transit time of gravest meridional mode Rossby
waves, upwelling waves generated from the central equatorial Pacific at lag 0 at the
location of the positive " forcing which is at the center of the basin are able to reflect off
the western boundary and reverse the phase of oscillation around lag 10, which roughly
corresponds to a half-period in CCSM.

At the same time (zero lag), downwelling Rossby waves, arising from the strongly
meridionally oriented structure in the " anomalies, poleward of the equatorial positive
" anomaly set the stage for the next warm event to set in by the end of the next halfperiod corresponding to 24 months. The long Rossby waves are efficient at setting up a
periodicity of 24 months owing both to the strength of the " forcing and the meridional
shear in " .
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Figure 3.5
Correlation of monthly 620 anomaly at 0°N, 120°W with basinwide 620 and " in CCSM. In
these panels the 620 anomaly at the chosen point lags behind the basinwide anomalies.

Fig. 3.6 shows the evolution of the basinwide 67 and " anomalies in SP-CCSM
following an El Niño event. At zero lag, the near-complete absence of meridional shear in
the anomalous " to the west of the deep 67 anomaly in the east is immediately
apparent. So is the deeper meridional extent of the positive equatorial " forcing. The
eastward propagation of negative 67 anomalies from lag 4 is much slower relative to
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CCSM reflecting the involvement of higher order upwelling Rossby modes. The local
effect of the equatorial positive " anomaly forcing that has propagated to the far eastern
Pacific at lag 10 acts to further reduce the impact of the upwelling Rossby wave from the
west and introduce a delay in the oscillation period relative to CCSM. Notice that
although at first glance, the strength of the positive equatorial " forcing of CCSM
appears similar to SP-CCSM at lag 10 in the far eastern Pacific, however, this forcing is
strongly associated with the phase-reversing off-equatorial " anomalies unlike that of
SP-CCSM. Previous studies have shown that the wind stress forcing in the equatorial
cold tongue region can have an impact on the evolution of independent ENSO events
(Harrison 1989, Harrison and Larkin 1998, McPhaden 2004).
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Figure 3.6
Correlation of monthly 620 anomaly at 0°N, 120°W with basinwide 620 and " as in Figure 3.5,
but for SP-CCSM.

From this discussion, we have seen that a longer periodicity can be attained by increasing
the equatorial trade response such that longer periods of absolute westerlies are retained
for a warm event and the model is allowed to develop a meridionally expansive zonal
wind response. A meridionally expansive surface stress can contribute to a longer period
(Kirtman 1997) by invoking higher-order meridional Rossby waves as an oceanic
reponse to the forcing. In addition, the eastward migration of the absolute westerlies acts
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to inhibit and delay the effect of the phase-reversing Kelvin wave. A Walker type surface
wind response is desirable to a Hadley-type surface response towards this end.

Based on this discussion, the longer and irregular periodicity observed in SP-CCSM can
be attributed to its zonally-oriented atmospheric response resulting in the reduced
poleward gradient in " (mainly to the north of the equator) and the deeper latitudinal
extent of " oceanic forcing to the south of the equator. In other words, the manner of
variation of the horizontal gradient of surface wind response or the curl of " , resulting
from the IA variations in DH, is conducive to resulting in a longer and irregular
periodicity of ENSO that has been observed in SP-CCSM.
3.3 Motivation for CGCM experimental design
Based on the preceding discussion, we now present the motivation behind an
experimental framework aimed at explaining the differing ENSO behavior of CCSM and
SP-CCSM.

To recapitulate, the IA or low-frequency wind-forced variability over the tropical oceans
can be explained by the oceanic adjustment carried out by low-frequency oceanic
equatorial waves that are excited by the forcing (Philander 1990). The waves relevant to
such an adjustment are the long non-dispersive Rossby waves whose zonal scale of
variations exceeds the radius of deformation D# and have westward zonal group velocity
and the long equatorial Kelvin wave with eastward group velocity which can only affect
regions within a radius of deformation of the equator.
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The time for the adjustment depends on the transit time of the Kelvin waves and long
Rossby waves across the basin. Moreover, the adjustment time decreases as a function of
latitude for the Rossby waves. Therefore, as noted earlier, the meridional structure of the
low-frequency " forcing and the curl of the wind stress forcing is crucial in determining
the ENSO periodicity as it affects the adjustment time (Kirtman 1997). In fact, the wind
stress curl anomaly varies like the niño 3.4 SST anomaly index (Clarke, 2007).

This implies that, if the time evolution of CCSM simulated wind stress curl on IA
timescales were forced to correspond to that of SP-CCSM, the irregular ENSO variability
observed in the SP-CCSM simulation should be attained even in the conventional
parameterization framework of CCSM. In addition, such a forced correspondence of IA
anomalous wind stress curl should lead to a more meridionally expansive " anomaly
(since this is what is being proposed to be corrected in the first place) and a more zonallyoriented SST and vertical heating distribution on ENSO time scales. In the next chapter,
we will formulate a ‘wind-stress correction’ method in CCSM that is designed to achieve
this end.

In this manner of formulation, the coupled ocean-atmosphere interaction in terms of the
atmospheric response to SST variations affected by the corrected wind forcing, i.e. the
SO part, is relatively less important compared to the oceanic response to the wind
forcing. This is because although the corrected IA wind stress variation affects the SO
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through the resulting IA SST variation, the SO’s effect on the surface wind response is
continuously “corrected” at each model coupling interval to correspond to that of SPCCSM on IA timescales. In other words, the surface wind response to atmospheric
heating is in some sense ignored due to the correction.
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CHAPTER FOUR : MODEL CORRECTION EXPERIMENT - METHODOLOGY

In the previous chapter, the motivation behind an experimental framework that is able to
explain the difference in ENSO behavior between CCSM and SP-CCSM was presented.
In this chapter, the actual experimental setup and statistical method will be discussed in
detail.
4.1 Difference in ENSO between CCSM and SP-CCSM
Previous studies (Pazan et al. 1986) have suggested that the oceanic off-equatorial
Rossby waves associated with the IA variations of wind stress curl in the northern offequatorial latitudes in the tropical central Pacific make a significant contribution to the
timing of ENSO events. In section 3.2.3, the difference in ENSO simulation and
periodicity between CCSM and SP-CCSM was mainly attributed to the difference
between the two CGCMs in the simulated curl of IA wind stress forcing anomaly in the
tropical Pacific particularly in the northern off-equatorial latitudes.

In order to verify this, the following approach is adopted. Firstly, we develop a statistical
method that is designed to emulate the structure and time evolution of the simulated IA
wind stress curl of SP-CCSM in CCSM by introducing a correction to this effect to the
actual simulated IA wind stress of an independent CCSM simulation. That is, the actual
CCSM simulated wind stress will be continuously corrected during the course of the
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model run such that it corresponds to the simulated wind stress of SP-CCSM on IA
timescales. The simulations that employ the statistical method will be called as wind
stress corrected (WSC) simulations.

The resulting ENSO simulation of the WSC CCSM will then be examined to verify if the
ENSO simulation features of SP-CCSM can be reproduced in the former. This approach
will determine if the difference in ENSO behavior between CCSM and SP-CCSM can
indeed be attributed to differences in simulated IA wind stress curl and help isolate which
aspects of the IA wind stress variations of SP-CCSM mainly contribute to the difference
in ENSO between the two CGCMs (for example, off-equatorial vs equatorial effects).

4.2 Interannual variations in SST and surface wind response
In order to proceed with the approach, we first note that surface wind fluctuations
associated with the SO can be traced back to IA SST variations in the eastern equatorial
Pacific which impact sea level pressure gradients via changes in atmospheric convection
(Meinen and McPhaden 2000); however from an oceanic viewpoint variations in SST are
caused by a variation in the surface wind response to atmospheric heating on ENSO
timescales. Earlier studies (Lau 1985) have shown that the variations in the surface wind
response can be related to SST variations in the equatorial central and eastern Pacific.
Also previous studies with HCMs have represented the atmospheric feedback on the
ocean GCM (OGCM) in the tropical Pacific with a statistical atmosphere in which the IA
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anomalous wind stress field is linearly related to the IA SST anomaly field (Latif et al.
1991).

In the HCM of Latif et al. 1991, the linear feedback of the atmosphere on the ocean at a
given time is represented as a statistical estimate using the matrix of regression
coefficients obtained from a linear regression formulation with the IA SST anomaly as
the predictor and wind stress anomaly as the predictand at each grid point. The set of
regression coefficients were determined empirically using SST anomalies simulated by
the OGCM when forced with observed wind stress. These regression coefficients were
then used to reconstruct the stress anomalies and Latif et al. 1991 found a good
correspondence between the reconstructed wind stress anomalies and the actual observed
wind stress anomaly field particularly in the central and western Pacific along the equator
at lead times upto about one year. However in this simple statistical model, the seasonal
variation of the atmospheric feedback was not taken into account which becomes
important at longer lead times (Latif et al. 1994).

Later studies have used field-to-field mapping of anomalous SST and wind stress in the
tropical Pacific in the atmospheric component of their HCM to predict the wind stress
anomaly with the OGCM SST anomaly field as the predictor (Barnett et al. 1993). In
such a model, as discussed in section 2.5, the atmosphere is assumed to be a fast
adjusting fluid that passively responds to oceanic boundary conditions as a linear local
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feedback in that the near-surface wind stress is determined by SST and the memory of the
coupled system is provided by the ocean.

4.3 Linear regression method to relate interannual variations in SST and
surface wind stress
In order to emulate the IA wind stress anomaly of SP-CCSM in CCSM, a similar basic
approach discussed in the previous section, of relating IA wind stress variations to SST
variations in the tropical Pacific in the atmospheric anomaly model of the HCM of
Barnett et al. 1993 is followed, although with several modifications, as will now be
described. The regression model is developed as follows. Firstly we note the following:
(i) the simulation of wind stress in CCSM is proposed to be corrected such that it
corresponds to SP-CCSM on ENSO timescales (ii) the IA variations in wind stress are
related to the IA variations in SST and (iii) the atmospheric feedback becomes important
at longer lead times.

In view of these, firstly the atmospheric response obtained from the atmospheric model
component (CAM) of CCSM to the slowly-varying SST of SP-CCSM for a multi-year
simulation is desired to obtain a relationship between these fields. This is obtained by
performing an uncoupled atmospheric GCM (AGCM) simulation of CCSM forced with
daily SSTs of SP-CCSM. This simulation will hereafter be called as CAM-SPSST. The
length of the SP-CCSM simulation performed by C. Stan (Stan et al. 2010) that is used in
this study is 27 years, therefore the CAM-SPSST simulation length is also constrained to
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27 years. We now formulate a linear regression approach that linearly relates variations in
SP-CCSM SST to variations in the simulated wind stress difference (WSD) between SPCCSM and CAM-SPSST.

In particular, a statistical linear regression model is developed with the SST of SP-CCSM
in the tropical Pacific between 115°E to 80°W and 20°S-20°N as the predictor and the
WSD as the predictand field. The set of linear regression coefficients relating SP-CCSM
SST and the WSD are determined empirically using the daily SST and wind stress data
from model simulated years 4 through 27 of the 27-year SP-CCSM simulation and the
corresponding CAM-SPSST simulation.

The actual simulated wind stress field in CCSM is then modified/corrected at each model
coupling interval (1 day) of the component models of the fully coupled CGCM as
follows. The simulated SST of CCSM is now taken as the predictor field in the statistical
regression model and the WSD is statistically predicted for the SST at that coupling
interval. Note that the statistical model is now implemented within the CGCM. The
statistically predicted WSD is then added to the CGCM simulated CCSM wind stress at
that coupling interval as a statistical correction that modifies the actual CCSM simulated
wind stress such that it captures the dominant modes of IA variation of wind stress in SPCCSM for a given SST input.
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Previous studies (Graham et al. 1987 a, b, Latif et al. 1992) have used a combination of
extended empirical orthogonal functions (EEOFs) and canonical correlation analysis
(CCA) to construct statistical regression models that predict tropical Pacific SSTs. These
models have used the tropical wind field and near-global pressure field or a combination
of model temperatures within the upper 300 m and wind stress fields over the tropical
Pacific as predictors in the statistical prediction scheme.

In this study, a similar procedure is adopted in that the statistical model coefficients that
will be used in conjunction with the SST predictor field of the statistical model to obtain
an estimate of the WSD predictand field are constructed using a combination of empirical
orthogonal functions (EOFs) and canonical correlation analysis (CCA) as will be
described in the following section.

4.3.1 Statistical prediction scheme
As discussed in the previous section, the statistical model that relates variations in SST to
surface wind stress variations is developed using the CCA method in a form of least
squares regression (Barnett et al. 1987). The CCA method finds linear combinations of
two variables in two independent data sets that have maximum correlation in time
(Delsole et al. 2003). The EOF method is used to compress the co-varying fields and
apply the CCA in a lower-dimensional subspace such that the dominant modes of
variability in time are captured (Delsole and Tippett, Barnett et al. 1987). The reduction
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of space is important as an increased number of predictors leads to artificial skill in the
prediction scheme via overfitting.

In this study, following the method of Delsole and Tippett, the reduction of space is
obtained by projecting the original time series onto the leading principal components.
The number of principal components (PCs) retained is chosen based on cross validation
experiments with the statistical prediction model as will be described shortly. The CCA
technique based on the PCs of the data sets is described in Delsole and Tippett and has
been used in this study. This method is now presented briefly below for continuity using
the exact identical equations from Delsole and Tippett.
4.3.2 CCA method: Empirical determination of regression coefficients
For the empirical determination of the regression coefficients, as explained in the
previous section, the two variables that are to be linearly related are the SST of SPCCSM and WSD, which will be denoted as E and F where E is the predictor variable and
F is the predictand. The data sets are represented as two-dimensional matrices as follows:
E GHIJ and F GHIK , where LM and LN are the number of space points in the data sets
E and F respectively and O are the number of time points. Note that the number of
variables are same in the time dimension.

Daily values of SP-CCSM SST and WSD between 115°E to 80°W and 20°S-20°N from
model simulated years 4 through 27 (therefore N=8760) are collected into the matrices E
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and F. In addition, the climatological daily cycle is subtracted from the original daily
values of the two data sets separately so that each time series has near-zero mean. The
daily climatological mean has been computed following the spectral method of
Narapusetty et al. 2009. In their study, four harmonics (nine spectral coefficients) of the
annual cycle were shown to be adequate to represent the annual cycle of SST over most
points on the globe and therefore four harmonics were used to compute the daily
climatological cycle.

As explained in the previous section, the time series are to be projected onto the leading
PCs to reduce the space in which to apply CCA. According to principal component
analysis (PCA), the EOFs P and amplitudes Q of the data sets E and F are defined by a
singular value decomposition (SVD) as (from Delsole and Tippett):
E GHIJ  QM

GHG

PMR

GHIS

4.1

F GHIK  QN

GHG

PNR

GHIK

4.2

where the PCs QM and QN are normalized to unit variance and
QM

GHG

 √O UM

GHG

; PM

IS HG



1

√O

QN  √O UN ; PN 

1

⁄


V ;
IS HIS >M

√O

IS HIS

V ;⁄ >N WNR

WMR

IS HG

4.3

4.4

where UM and >M are unitary matrices and WM is a diagonal matrix, all of which define
the SVD of E. Similarly the SVD of F is given by eqn. 4.4. Also V ⁄ is a suitable
weighted square diagonal matrix defined as the cosine of the latitude of each grid point
(Delsole and Tippett).
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In order to compress the space for the application of CCA, a truncated set of PCs are used
and the above equations are changed to:
EX GHIJ  QMX

GHRJ

PXMR

RJ HIS

4.5

FX GHIK  QNX

GHRK

PXNR

RK HIK

4.6

where the truncated data is represented by a dot and [M and [N represent the reduced
space in the two data sets. Similar to eqns. 4.3 and 4.4, we now have for the reduced data
sets,
QMX

GHRJ

 √O UXM

GHRJ

; PXM

IS HRJ



QNX  √O UXN ; PXN 

1

√O
1

√O

⁄
X
V ;
IS HIS >M

IS HRS

V ;⁄ >XN WXNR

WMX R

RS HRJ

4.7

4.8

Also note that there are two separate WSD predictand data sets for wind stress in the
zonal and meridional directions.

The goal of the CCA method applied to the PCs of the truncated data matrices EX and FX is
to find two new paired data sets ^M and ^N that are linear combinations of the elements of
QMX and QNX such that the two linear combinations have maximum correlation. Delsole and
Tippett have shown that the weights required for such a transformation are the eigen
vectors obtained by solving the eigen value problem:
R
R
Σ̀MN Σ̀MN
abM   abM ; Σ̀MN Σ̀MN
abN   abN
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4.9


where Σ̀MN  QMX R QNX is the cross-covariance matrix of the truncated PCs QMX and QNX . The
G

tilde (d in eqn. 4.9 denotes the truncation. Further, these eigen vectors are the left and
right singular vectors of eΣMN . Thus the eigen vector solution to eqn. 4.9 is given by the
SVD of the covariance matrix between the truncated PCs,
Σ̀MN

RJ H RK

 U+

RJ H RS

W+

RJ H RK

>+R

4.10

RK H RK

and the desired weights to transform QMX and QNX into ^M and ^N are therefore,
f̀M

RJ H RS

 U+

RJ H RS

; f̀N

RK H RK

; ^N

GHRK

 >+

RK H RK

.

4.11

The actual transformation is given by,
^M

GHRJ

 QMX

GHRJ

f̀M

RJ HRJ

 QNX

GHRK

f̀N

RK HRK

4.12

where the eigen vectors of the above eigen value problem f̀M and f̀N are called the
canonical weighting vectors and the time series ^M and ^N corresponding to the canonical
weights are called the canonical variates. The individual canonical variates obtained from
each corresponding column of ^M and ^N have largest possible correlations in decreasing
order from the first to last colum and unit variance and the different canonical variates are
orthogonal or uncorrelated. The canonical correlations can also be obtained by the crosscovariance matrix between the canonical variates as:
1 R N
^ ^  W+
O M
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4.13

where W+ is the diagonal matrix (seen in eqn. 4.10) that represents the canonical
correlations. Each element of W+ is equal to the covariance between individual canonical
variate pairs.

The canonical weights in eqn. 4.11 were obtained for the PCs. In the original data space,
the canonical weights are re-expressed as (Delsole and Tippett):
^M  E fM ; ^N  F fN

4.14

where
fM  PXMg U+ ; fN  PXNg >+

4.15

where
PXMg  √O V ⁄ >MX WMX ; ; PXNg  √O V ⁄ >XN WNX ; .

4.16

The matrices PXMg and PXNg are the pseudo-inverses of the EOFs PXM and PXN . Note that the
canonical variates obtained from the canonical weights of eqns. 4.12 and 4.14 are
identical.

The actual physical patterns (loading vectors) corresponding to the canonical variates are
obtained from the regression pattern between the original data and the canonical variates
(Delsole and Tippett) as:
hM 

1 R
1
E ^M  PXM U+ ; hN  F R ^N  PXN >+
O
O
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4.17

The canonical variates ^, canonical weighting vectors f, the loading vectors and the
canonical correlation matrix W+ are determined empirically using the data sets of SPCCSM and CAM-SPSST described at the beginning of section 4.3 and will be used in the
CCSM simulation experiments that will be explained shortly.
4.3.3 Patterns of co-variability
The CCA method described in the previous section identifies the co-varying patterns of
variability between the WSD F and SP-CCSM SST E anomaly fields. These patterns
will be used in combination with the predictor field E to obtain estimates of the
predictand F . The leading EOF modes, loading vectors and canonical weighting vectors
of the zonal WSD (TAUXD) and SP-CCSM SST (SP-SST) fields for PC truncation
values of 30 and 20 for TAUXD and SP-SST are shown in Fig. 4.1 with the
corresponding leading PC and canonical variate time series in Fig. 4.2. The sensitivity of
the CCA results to PC truncation number will be explored later.

The leading EOF spatial pattern of TAUXD (SP-SST) anomaly in the top left (right)
panel represents about 9% (44%) of the total variance of the field. The first EOF mode of
SP-SST represents the positive SST anomalies across the east-central equatorial Pacific
along with weak negative anomalies in the north-west Pacific associated with the peak
ENSO phase (Wang et al. 1999), in conjunction with the corresponding amplitudes from
the second panel of Fig. 4.2. Note that since the PCs and canonical variates are
normalized to unit variance, the magnitudes of the EOF spatial patterns and loading
vectors reflect the actual units of the field.
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The first EOF mode of TAUXD (top left panel of Fig. 4.1) indicates that most of the
variance is concentrated in the northern off-equatorial latitudes primarily to the east
beyond the dateline. Recall from the regression pattern of zonal monthly wind stress with
niño 3.4 (Fig. 3.1) that the structure of the northern off-equatorial wind stress is very
different for SP-CCSM and CCSM (section 3.2.1) with enhanced magnitudes of negative
IA " monthly anomalies between 160°E and 120°W in the latter relative to SP-CCSM.
This difference seems to be captured also by the leading EOF of the daily TAUXD
anomaly field as seen in Fig. 4.1, although here (unlike in section 3.2.1) the zonal wind
stress variations of CCSM are represented by CAM-SPSST.

The leading loading vectors of TAUXD and SP-SST are rather similar to the leading EOF
spatial patterns of the corresponding fields indicating that the patterns representing
maximum percentages of the total field variance associated with the peak phase of ENSO
and the patterns representing maximum between-field variance are similar. Note however
that the center of concentrated magnitudes in the northern off-equatorial latitudes of the
canonical loading vector of TAUXD (left center panel of Fig. 4.1) is shifted to the east of
the corresponding center in the spatial pattern of the leading EOF (top left panel). This
seems to be in agreement with Fig. 3.1 which indicates enhanced differences between SPCCSM and CCSM in the northern off-equatorial monthly " IA anomalies slightly west
of 120°W.
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Notice also that the wind stress error as represented by the leading loading vector of
TAUXD in Fig. 4.1 is nearly absent in the near-equatorial (5ºS-5ºN) region. In other
words, the uncoupled near-equatorial IA wind stress response of CAM to prescribed daily
SP-CCSM SST forcing appears to be similar to the coupled IA wind stress response of
SP-CAM to SP-CCSM SST. This indicates that most of the wind stress error in CAM for
a given SST is concentrated in the northern off-equatorial latitudes, particularly east of
the dateline.

The canonical weighting vectors of TAUXD and SP-SST are shown in the bottom panel
of Fig. 4.1. The weighting vectors are contrived to identify spatial patterns that are
maximally correlated between the two fields while subtracting out the uncorrelated
patterns, regardless of the distribution of the individual spatial variance of the fields.
Recall again from Fig. 3.1, that SP-CCSM has a wider latitudinal extent of " IA monthly
anomalies near the dateline in the southern off-equatorial latitudes relative to CCSM. It
appears that the canonical weighting vectors give enhanced weighting to the difference in
" daily anomalies between SP-CCSM and CAM-SPSST near the dateline across the
equator and this seems to correspond to the difference in the IA monthly anomalies of "
between SP-CCSM and CCSM at the dateline. However the enhanced weighting across
the dateline does not seem to be reflected in the corresponding loading vector of TAUXD
(left center panel of Fig. 4.1). Note also the enhanced amplitude of the weighting vectors
of TAUXD in the northern off-equatorial latitudes east of the dateline (bottom left panel)
similar to the corresponding loading vector. These weights are seen in conjunction with
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increased weight amplitudes across the eastern and western equatorial SP-SST and also in
the off-equatorial southern and to a lesser extent northern latitudes (lower right panel of
Fig. 4.1).

Finally, note that the amount of variance explained by the leading canonical variate of
TAUXD is rather small (around 5%). This is expected however, as the explained variance
is defined relative to the daily variability of the anomaly field and not a longer time
average variability (such as monthly means).
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Figure 4.1
The leading EOF, loading vector and canonical weighting vector for the zonal WSD (denoted as
TAUXD) daily anomaly field on the left and SP-CCSM SST daily anomaly field (denoted as SPSST) on the right. The leading canonical correlation value (0.365) and the fraction of variance
explained by the leading canonical variate (5.22%) is indicated in the title of the loading vector
(middle panel).
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Figure 4.2
Consecutive panels show the leading principal component time series (PC-1) for the zonal WSD
(TAUXD) daily anomaly field and SP-CCSM SST daily anomaly field (SP-SST) followed by the
leading canonical variates of TAUXD and SP-SST corresponding to the leading spatial EOF
pattern and loading vector shown in Figure 4.1. The variance explained by the leading PC

iG j k, where j is the leading singular value of the SVD of the corresponding anomaly data, is
included in the title (top two panels).

4.3.4 Linear prediction
Using a linear combination of the canonical weighting patterns, correlations and loading
vectors as model coefficients, a linear prediction can be made for either of the data set as
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a least-squares regression problem (see section 15.9, Delsole and Tippett). The linear
prediction of FX (truncated/filtered WSD), denoted as FlX is given by:
FlX GHIK  E GHIJ m IS HIK

4.18

where
m IS HIK  fM

IS HRJ

W+

nRS HRo p

hNR

RK HIK

.

4.19

Notice that the E in eqn. 4.18 is the full (not truncated) anomaly data set. Also since the
operator m is diagonal, the prediction for each mode (corresponding to each canonical
correlation) can be made independently and the final prediction for FX is made by adding
all the individual modes.

Also recall that the data sets E and FX in eqn. 4.18 are daily anomalies. Therefore the
prediction equation 4.18 is re-written by explicitly including the climatological terms as:
q
FlX  FlX  E fM W+ hNR  Er fM W+ hNR

4.20

q
where Er and FlX are the daily climatological mean data sets of SP-CCSM SST and WSD
computed offline from the SP-CCSM and CAM-SPSST simulation data sets (years 4
through 27) respectively. Note that in eqn. 4.20, E and FX now denote the SP-CCSM SST
and the truncated WSD data sets without the daily climatology subtracted (i.e. no longer
daily anomaly fields). Prior to implementing the method in the actual CGCM however, a
decision has to be made about the legitimate truncation numbers for the PCs and number
of CCA modes that can be retained for the statistical model which is the subject of the
next subsection.
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4.3.5 Cross validation and selection of number of predictor modes
In the previous section, we have discussed the CCA regression method using which a
linear prediction of one of the data sets can be made using the other full predictor data set
and an appropriate linear combination of the canonical modes obtained between the two
(eqn 4.18 or 4.20). However as the number of predictors is increased, the prediction
model becomes unrealistically biased towards producing higher correlations between the
data sets. This is because with an increasing number of canonical modes, more linear
combinations of the predictors become possible that can maximize the correlation which
results in overfitting. In addition, the results of the CCA method are sensitive to the
number of PCs chosen.

In order to determine the number of predictors for the linear prediction, cross validation
experiments were performed so as to isolate statistically significant correlation modes.
Towards this, the daily SST and WSD anomaly data obtained from the SP-CCSM and
CAM-SPSST simulations from simulated years 4 through 27 were partitioned into four
six-year subsets: years 4 through 9, 10 through 15, 16 through 21 and 22 through 27. The
last subset, i.e. simulated data from years 22 through 27 was randomly chosen (we have
seen that the results are not sensitive to the subset chosen) to be the training data set used
for computing the CCA modes between the SP-CCSM SST and WSD.

The computation of the annual cycle, PCs (eqns. 4.7 & 4.8) and the SVD decomposition
of the covariance matrix of the truncated PCs (eqn. 4.10) is now done using the training
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data set. The resulting weight vectors fM and fN from the training data set obtained from
eqns. 4.15 and 4.16 are now used to obtain the canonical variates for the remaining
assessment data sets. The canonical variates are computed using eqn. 4.14 for each
assessment data set, but the fixed canonical weights are those obtained from the training
data set. The correlation between the corresponding canonical variates in each assessment
data set is then computed and compared with the canonical correlations obtained from the
training data set.

In addition, the correlations are examined for a number of cases by varying the truncation
number of the PCs for the two data sets. As the number of PCs are increased, the
canonical correlations in the training data set become very large due to overfitting while
those in the assessment data sets are indistinguishable from zero correlation. The
truncation number for the PCs is selected by choosing the lowest truncation values (to
minimize overfitting) that produce relatively larger correlations from the assessment data
sets compared to other combinations and the level of agreement in the independent
estimates of correlation values obtained from the assessment data sets. We note however
that it does seem that there is no exact answer to determining the correct truncation
number for the PCs and the results could differ depending on the truncation parameters.

The correlations obtained from the training data set and assessment data set for CCA
computed with the zonal WSD and SP-CCSM SST are shown in Fig. 4.3. The drop in the
correlations for the assessment data sets relative to the training data set is expected as the
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canonical weighting vectors are not optimized for the assessment data sets. The number
of PCs chosen in this case for the zonal WSD and SP-CCSM SST are 30 and 20
respectively, which show that only the first two canonical correlations are statistically
significant. For the CCSM simulation experiments, we have chosen a truncation number
of 30 and 20 for the CCA method between both the zonal and meridional WSD with SPCCSM SST. For both these cases, only the first two canonical modes are significant. For
this truncation, the first two canonical correlation values for CCA method with zonal
WSD and SP-CCSM SST is 0.365 (Fig. 4.1) and 0.323 respectively. For meridional
WSD, the first two canonical correlations are 0.365 and 0.317.
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Figure 4.3
Correlation between canonical variates of zonal WSD and SP-CCSM SST obtained from the
CAM-SPSST and SP-CCSM simulations for the training data set and assessment data sets (see
text). The principal components for zonal WSD (PC_TAUX_DIFF) and SP-CCSM SST
(PC_SST_SP) are truncated at 30 and 20 respectively. The dashed lines denote the confidence
interval for zero correlation s 2⁄√O, where O  2190 (daily data for six years for each data set
(DS)).

4.4 Implementation of the statistical model in CCSM

The previous sections have described the patterns of co-variability between WSD and SPCCSM SST and how a suitable linear combination of the canonical predictor patterns can
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be used as model coefficients to yield estimates of the predictand when multiplied with
the predictor field (Delsole and Tippett, Graham et al. 1987b). We now explore the
implementation of the statistical method in the fully coupled CGCM.

The implementation of the statistical model in CCSM, called as a CCSM WSC CGCM
(see section 4.1) is described as follows:
Let E represent the ocean surface temperature (predictor field) produced by the ocean
model component of CCSM (POP) that is passed to the atmospheric component of
CCSM (CAM) through the flux coupler at a given component coupling time. The
canonical weighting vectors of SP-CCSM SST, loading vectors for WSD and canonical
correlations fM , hN and W+ and the climatological annual cycle for SP-CCSM SST and
q
WSD (see section 4.3.4), Er and FlX , are obtained from the SP-CCSM and CAM-SPSST
simulations and calculated as described in section 4.3.2 and 4.3.4. In addition, we have
determined in section 4.3.5, that only the first two canonical modes are significant. Let
the first two sets of canonical predictor modes be denoted as fM, hN and j+ and fM,
hN and j+.

Following eqn. 4.20, a statistical prediction is now made for the WSD with E as the
predictor field as follows (Delsole and Tippett):
- Apply the canonical weighting vector of the chosen canonical modes, here 1 and 2, of
SP-CCSM SST i.e. fM and fM to E to yield amplitudes for the two modes at the
current component coupling time (or simply, compute E fM and E fM).
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- Multiply each amplitude or canonical variate by the corresponding canonical correlation
for that mode, i.e. compute E fM j+ and E fM j+.
- Multiply by the corresponding loading vector of WSD for that mode, i.e. compute
R
R
E fM j+ hN
and E fM j+ hN
.
R
R
- Compute the climatological terms Er fM j+ hN
and Er fM j+ hN
where Er is the

climatological mean value corresponding to the model simulated day of the year.

If "tu denotes the zonal component of wind stress passed through the flux coupler to the
ocean component for that component coupling time, then "tu is now modified following
eqn. 4.20 as:
q
R
R
R
R
"tu  "tu  FlX  nE fM j+ hN
 E fM j+ hN
p  n Er fM j+ hN
 Er fM j+ hN
p
Note in the above equation, FlX denotes the climatology for the zonal WSD. A similar
procedure is followed for correcting the meridional component of wind stress 'tu . The
modified surface zonal and meridional wind stress given by "tu and 'tu is the
modified/corrected wind stress forcing that the ocean component feels at the start of each
component coupling interval. This correction is continued at each component coupling
time for the length of the model simulation.

We have performed four CCSM WSC simulations that are described below – CCSM
wsc-m0p0, wsc-m1, wsc-m2 and wsc-m1p2. The notation ‘m0p0’, ‘m1’, ‘m2’, ‘m1p2’ is
now described. Note again that only two canonical correlation modes are found to be
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significant from the CCA analysis (section 4.3.5). Let ‘m1’ denote the first canonical
correlation value obtained for the CCA between the zonal (0.365) and meridional (0.365)
WSD and SP-CCSM SST obtained from the CAM-SPSST and SP-CCSM simulations.
Similarly we have seen that ‘m2’ is 0.323 and 0.317 for the second canonical correlation
(section 4.3.5).

In the statistical model within the CGCM, both the canonical correlations for the wind
stress were set to zero for the wsc-m0p0 simulation. This should yield the original
simulation and is performed as a check to ensure that the model implementation is free of
errors. The wsc-m0p0 is therefore the original CCSM control simulation. Likewise, the
wsc-m1 simulation has the second canonical correlation value for both components of
WSD set to zero (m2 = 0), wsc-m2 has m1 set to zero and wsc-m1p2 is a linear
combination of both the significant canonical correlation modes. This is possible since
the product of the statistical coefficients in eqn. 4.20 (similar to operator ‘B’ in eqn. 4.19)
yields an operator that is diagonal and the statistical prediction using each canonical
mode operator can be made independently and the final prediction obtained by including
each canonical mode operator multiplied by the predictor field as a linear combination.

A model simulation length of 80 years is chosen for analysis from each of the above
WSC simulations. However, the model simulated years used for analysis are 61 to 140
for wsc-m0p0 and 16 to 95 for wsc-m1, m2 and m1p2. The reason the analysis years are
different is because the wsc-m0p0 simulation, unlike the other WSC simulations, is a
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calendar reset perturbation run (Kirtman et al. 2009) in which an initial condition (IC)
perturbation (to the atmospheric and land components of the coupled model) was
introduced on the first day of simulated year 25 by using the ICs of the third day of the
same year and resetting the calendar back to the first day of the year. For wsc-m0p0, the
statistical scheme was turned on after 2 years have elapsed in the perturbed IC run i.e.
from simulated year 25. For the wsc-m1, m2 and m1p2, the statistical scheme was turned
on after 2 years have elapsed from the start of the model run (the model start date in all
the simulations is 09-01-01).

The ENSO simulation from multi-year WSC simulations will now be examined in detail
in the next chapter with the objective of explaining the difference in ENSO behavior
between CCSM and SP-CCSM.
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CHAPTER FIVE : WIND STRESS CORRECTION EXPERIMENT RESULTS

This chapter discusses five different climate simulations – CCSM, SP-CCSM and the
three versions of CCSM presented in chapter 4, in which the model-simulated
atmospheric wind forcing has been modified on IA timescales to correspond closely to
that of SP-CCSM. As described in chapter 4, these versions will be referred to as WSC
versions of CCSM and are named as wsc-m1, wsc-m2 and wsc-m1p2. Note that the
original (uncorrected) CCSM model is also a WSC version but with both correlation
modes set to zero, and will hereafter be referred to as either CCSM or CCSM wsc-m0p0 the control model. The focus of this chapter is to see how the WSC method has affected
the ENSO simulation and if the objectives stated in 3.2.4 have been achieved.
5.1 Intercomparision of ENSO simulations for varying atmospheric forcing
5.1.1

ENSO Periodicity

The model output is shown for simulated years 61-140 and 2-27 for wsc-m0p0 and SPCCSM and 16-95 for the other three WSC versions. The length of the model simulated
years is identical (80 years) for all four WSC versions, whereas it is 26 years for SPCCSM, as this is the length of the existing SP-CCSM simulation of C. Stan (Stan et al.
2010). As noted in section 3.2, the wsc-m0p0 simulation has a 24-year periodicity while
the period of SP-CCSM is closer to 4 years. We begin our analysis of the ENSO
simulations by examining the monthly time series of the niño 3.4 SST anomalies and its
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power spectrum in Figs. 5.1 & 5.2 respectively. While the wsc-m0p0 is nearly perfectly
periodic producing ENSO events of opposite phase every 24 months, SP-CCSM is less
regular as also noted from the power spectrum (Fig. 5.2) which shows a pronounced peak
at 24 months for wsc-m0p0 while it is much broader in SP-CCSM (Stan et al. 2010).

The peak amplitude (Fig. 5.2) is centered around 48-60 months for observations, 30
months for SP-CCSM and slightly longer for wsc-m2, although there are multiple peaks
at shorter periods in the latter. The niño 3.4 time series for wsc-m2 (panel V of Fig. 5.1)
shows lingering cold and warm periods such as those starting around model years 28, 38
and 60 interspersed with cold and warm events of relatively shorter length. There are
random fluctuations in the niño 3.4 time series of both wsc-m1 and wsc-m1p2 (panels IV
& VI of Fig. 5.1 respectively) as evident in the multiple peaks in the power spectrum and
the period is shorter relative to wsc-m2 (panel V of Fig. 5.1).
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Figure 5.1
Time series of the niño 3.4 index and its power spectrum for (I) Observations (HadSST) (II) SPCCSM (III) CCSM wsc-m0p0 (the original uncorrected CCSM) (IV a,b) CCSM wsc-m1 (Va,b)
CCSM wsc-m2 and (VI a,b) CCSM wsc-m1p2. The SST anomaly is computed with respect to the
1932-2011, 2-27, 61-140 and 16-95 climatology for I, II, III & IV - VI. The last 22 years are
shown for I, II & III whereas the last 44 years are shown for IV - VI.
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Figure 5.2
Power spectra for the time series shown in Figure 5.1. In the bottom panel, the spectrum for 30year overlapping timeseries from year 16-65 are also shown for wsc-m1,wsc-m2 and wsc-m1p2.
The dashed blue line represents the red noise.
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The autocorrelation function for the niño 3.4 time series (Fig. 5.3) exhibits a similar
oscillatory behavior as noted from the power spectrum. However the correlations at large
lag/lead in SP-CCSM are rather high (note that the length of the time series of SP-CCSM
is relatively shorter (26 years) relative to the other data sets (80 years)).

Figure 5.3
Autocorrelation function for the niño 3.4 time series shown in Figure 5.1.

5.1.2 Lag-lead relationships during ENSO
The lag-lead regression pattern (with regression coefficients significant at the 5% level)
of niño 3.4 monthly SST anomaly with monthly " and SST anomalies at the equator is
shown in Fig. 5.4. The observations indicate a gradual eastward migration of westerly
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" anomalies from the west to central Pacific prior to an El Niño event at zero lag, that
persist for at least 24 months prior to and after the event, while easterly " anomalies set
in around lag 0 in the far west Pacific. In wsc-m0p0 however, a nearly perfect in-phase
relation between the monthly SST anomalies in the east and " anomalies to the west is
evident. This reinforces the observation of Neale et al. 2008 that the variations in
anomalous SST are linearly related to the variations in anomalous " and the period of
oscillation in wsc-m0p0 is dictated by this nearly perfect in-phase relationship in addition
to the strong latitudinal shear in " resulting from the strong latitudinal shear in
anomalous SST. On the other hand, a slight tilt and eastward migration of westerlies is
apparent in both SP-CCSM and wsc-m2 with slightly larger persistence relative to wscm0p0, which is of much reduced degree in m1p2 and more so in m1. This slight
imbalance between anomalous SST and " is an important factor in determining the
memory of the coupled system as we will discuss later.
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Figure 5.4
Lag-lead regression of niño 3.4 monthly SST anomaly with monthly " (contours; in D cm-2) and
SST anomalies (°C) at the equator for Observations (National Centers for Environmental
Prediction (NCEP) Ocean Data Analysis; Years 1980 - 1995), SP-CCSM, CCSM wsc-m0p0,
wsc-m2, wsc-m1 & wsc-m1p2. Positive lags indicate niño 3.4 leads the variable. The values are
significant at the 5% level.

72

None of the model simulations except perhaps with the exception of SP-CCSM, capture
the gradual build-up and eastward migration of heat content in the west that begins earlier
than 24 months prior to a warm event in the east as seen in the observations of lag-lead
regression of heat content anomaly with niño 3.4 (Fig. 5.5). However there is an absence
of heat content correlation with niño 3.4 in the WSC simulations m1, m2 & m1p2 beyond
+/- 18 months, unlike SP-CCSM and wsc-m0p0, where the latter is nearly perfectly
correlated at a lag/lead of 12 months. The absence of correlation beyond +/- 18 months
indicates that the IA events are much less regular in the WSC simulations m1, m2 &
m1p2 relative to wsc-m0p0.
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Figure 5.5
Lag-lead regression of niño 3.4 monthly SST anomaly with monthly oceanic heat content
anomaly (°C) at the equator for Observations (NCEP Ocean Data Analysis; Years 1980 - 1995),
SP-CCSM, CCSM wsc-m0p0, wsc-m2, wsc-m1 & wsc-m1p2. Positive lags indicate niño 3.4
leads the variable. The values are significant at the 5% level.
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5.1.3 Meridional shear in relation to ENSO periodicity
We noted in section 3.2.1 and 3.2.4 that the latitudinal gradient of " is crucial to the
oceanic response on IA timescales through the wind stress curl forcing. The objective of
the WSC experiments was to examine if the irregular ENSO oscillation of SP-CCSM
could be attained by correcting the simulation of the horizontal gradients and variations
in time of the IA wind stress, in other words the IA variations in the curl of wind stress in
wsc-m0p0, such that it would correspond to that of SP-CCSM. We also noted that if the
correction could succeed in modifying the regular periodicity of ENSO in wsc-m0p0 to
that of a longer and irregular periodicity as in SP-CCSM, it should also result in a more
zonally-oriented SST and heating structure with a more meridionally expansive
" forcing with less mean latitudinal shear and reduced strength of off-equatorial stresses
as in SP-CCSM relative to wsc-m0p0.

In this regard, the " anomalies regressed with niño 3.4 SST anomaly index are reexamined with the inclusion of the WSC simulations m1, m2 & m1p2 in Fig. 5.6. The
off-equatorial easterly stresses in wsc-m1 and wsc-m1p2 seem to have intensified
specially over the northern latitudes more than even those originally found in wsc-m0p0
and the positive equatorial " anomalies in these simulations appear to have become even
more latitudinally confined! However, on the positive side, the wsc-m2 (center right
panel of Fig. 5.6) simulation alone indicates weakened amplitudes of northern offequatorial negative anomalies as in SP-CCSM, although positive anomalies immediately
to the north of these weakened anomalies exist unlike those in SP-CCSM. However, the
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negative anomalies in the southern off-equatorial latitudes in this simulation are stronger
than in wsc-m0p0 particularly in the south west/central Pacific; neither is the meridional
extent of the equatorial positive forcing increased as in SP-CCSM. The center of
equatorial positive anomaly is slightly shifted to the east in all three WSC simulations –
m1, m2 & m1p2. Previous studies using simple coupled models (An et al. 2000) have
shown that an eastward shift of the zonal wind stress anomalies affects the IA variability
through the zonal advective feedback such that a larger ENSO amplitude and longer
oscillation period is favored. Therefore it is possible that both the reduced strength in offequatorial " forcing and eastward shift in the location of the center of equatorial "
forcing act in conjunction to establish a longer ENSO oscillation period in wsc-m2
relative to the other WSC simulations.
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Figure 5.6
Regression of surface zonal monthly wind stress anomaly (D cm-2 °C-1) with the niño 3.4 index as
in Fig. 3.1, but with the inclusion of the simulations CCSM wsc-m2 (center right), wsc-m1 (lower
left) and wsc-m1p2 (lower right) (CCSM wsc-m0p0 is labeled as CCSM in Fig.3.1).

In order to examine more closely, the meridional structure of the " anomaly, its
latitudinal gradient and the curl of the wind stress anomaly regressed with the niño 3.4
index and zonally averaged across the west/central Pacific (between 156°E and 140°W)
are shown Figs. 5.7 a, b & c. The west/central Pacific region is chosen as it is most
relevant to ENSO wind forcing (Clarke 2007). We note once more that the analysis field
has the widest meridional extent both to the north and south of the equator and the
latitudinal location of the maximum amplitude of the positive " anomaly is slightly to
the south of the equator. While the latter part holds for all the model simulations, the
positive " anomaly extends farthest to the south in SP-CCSM relative to the rest of the
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model simulations which are similar in this regard. In other words, the latitude of
maximum curl is farthest to the south in the analysis, slightly less farther in SP-CCSM
and is at about the same location in all the other simulations. This indicates that the
deepest meridional extent to the south of the equator compared to the analysis field is that
of SP-CCSM alone with negligible difference in this regard among the remaining
simulations.

To the north of the equator, the mean poleward gradient is of the least magnitude in the
analysis. The simulations SP-CCSM and wsc-m2 are closest to the analysis in this regard.
The strength of the off-equatorial negative anomalous wind stresses to the north of the
equator is of reduced magnitude in both SP-CCSM and wsc-m2 (Fig. 5.7 a) among all the
model simulations. Moreover, the curl of the simulated wind stress is very similar in SPCCSM and wsc-m2 to the north of the equator and to a certain extent in the far south
(Fig. 5.7 b).
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Figure 5.7
Meridional structure of monthly anomalous " , the latitudinal gradient of " and the wind stress
curl regressed with the niño 3.4 index (D cm-2 °C-1) and averaged between 156°E and 140°W for
NCEP analysis, SP-CCSM and CCSM wsc-m0p0, wsc-m2, wsc-m1 and wsc-m1p2.

Perhaps this is the most encouraging part of the statistical correction in that the
simulations SP-CCSM and wsc-m2 exhibit a similar IA anomaly variation in their
simulated wind stress curl particularly in the higher northern latitudes as noted before
from the regression pattern. This suggests the likeliness of an involvement of long
Rossby waves of similar meridional mode numbers in these simulations for the
adjustment to a wind forcing on IA timescales. The strongly negative amplitudes of
" anomaly at higher northern latitudes in wsc-m1, wsc-m1p2 and to a lesser extent in
wsc-m0p0 was also noted earlier from Fig. 5.6. This suggests the possibility of invoking
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efficient lower order fast long Rossby waves for the adjustment to low-frequency wind
forcing leading to the possibility of a fast ENSO period in these simulations.

In this context, we again examine the evolution of anomalous basinwide 67 and " as in
section 3.2.3 (Figs. 3.5 & 3.6), but for wsc-m2 followed by wsc-m1 & wsc-m1p2 in Fig.
5.8. Notice in wsc-m2, that the strength of the meridional shear of " at all lags is reduced
relative to wsc-m0p0 (Fig. 3.5 (referred to as CCSM in that chapter)), although not as
drastically as in SP-CCSM (Fig. 3.6). Moreover the eastward migration of the 67
anomaly is slower relative to CCSM.

At lag 10, we see similar to SP-CCSM although in this case much weaker, that the
presence of the local positive " forcing at the far eastern Pacific inhibits the effect of the
upwelling Rossby wave to result in a slightly longer oscillation period. This indicates the
involvement of higher order meridional modes in wsc-m2 similar to those in SP-CCSM
(recall that the curl of the wind stress varies closely to the north of the equator in SPCCSM and wsc-m2). Both the involvement of higher order Rossby modes and reduced
strength of off-equatorial stresses help in establishing a longer period in wsc-m2.

In contrast, in wsc-m1 (middle panel of Fig. 5.8) the narrowly-confined equatorial "
forcing and the extremely strong off-equatorial stresses act in concert to shorten the
oscillation period. Notice that negative 67 anomalies are fully established by lag 10,
even earlier than the half-period of CCSM. Notice the complete absence of a local effect
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of " forcing at the far eastern boundary at lag 10, indicating that predominantly lower
order equatorially trapped upwelling Rossby modes are involved in the oceanic
adjustment to wind stress forcing.

The structure of the wind stress curl to the north of the equator is slightly closer to SPCCSM in wsc-m1p2 than wsc-m1 (Fig. 5.7 c) and the strength of the northern offequatorial stresses is slightly more reduced (Fig. 5.7 a) in wsc-m1p2 than wsc-m1 relative
to SP-CCSM. Consequently, although barely discernible, the period of oscillation appears
to have ever so slightly increased in wsc-m1p2 (lag 10 in the lower panel of Fig. 5.8)
relative to wsc-m1, as seen by the presence of a weak local positive " forcing at the far
eastern boundary and the propagation of the negative 67 anomalies. In this regard, the
oceanic adjustment of wsc-m1p2 appears to evolve as a nearly linear summation of the
oceanic adjustment effects of wsc-m1 and wsc-m2.
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Figure 5.8
Correlation of 620 anomaly at 0°N, 120°W with basinwide 620 and " as in Fig. 3.5, but for
CCSM wsc-m2, followed by wsc-m1 & wsc-m1p2.

The monthly SST anomalies regressed with niño 3.4 are now examined (as in section
3.2.1) with the inclusion of WSC m1, m2 & m1p2 simulations in Fig. 5.9. The strength of
the off-equatorial negative SST anomalies in the northern latitudes in the central to west
Pacific appears to be reduced most in wsc-m1 and least in wsc-m2. The width of the
positive SST anomalies appear to be very slightly increased in wsc-m2 simulation over
the central to eastern Pacific relative to wsc-m0p0. However weak negative anomalies are
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still present to the north of the positive SST anomaly in the central Pacific in both wscm2 and wsc-m1p2. The positive SST anomalies are still narrowly confined to the equator
more so to the west relative to wsc-m0p0. However, the positive anomalies have retreated
more toward the east unlike the large zonal extent seen in wsc-m0p0 and this retreat is
farthest in m1p2 and least in m2.

Figure 5.9
Regression of monthly SST anomalies with the niño 3.4 index as in Fig. 3.2, but with the
inclusion of CCSM wsc-m2, wsc-m1 and wsc-m1p2 (CCSM wsc-m0p0 is labeled as CCSM in
Fig. 3.2).

The vertical DH regressed with the projected time series of " is now examined (as in
section 3.2.2) with the inclusion of WSC m1, m2 & m1p2 simulations and also the
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uncoupled CAM-SPSST in Fig. 5.10. The uncoupled simulation is included in order to
examine the effect of IA SST on simulated DH in CCSM. In CAM-SPSST (lowermost
panel of Fig. 5.10), there is an eastward migration of the convective heating, that is not
unlike that of SP-CCSM, relative to CCSM wsc-m0p0 (or just the original uncorrected
CCSM), which indicates that the heating error in CCSM wsc-m0p0 is tied to the error in
its simulated IA SST variability. The convective heating is centered around the dateline
in CAM-SPSST, although it is centered slightly to the east of the dateline in SP-CCSM.
In all the three WSC simulations – m1, m2 and m1p2 as well, there is a clear eastward
migration of the deep convection center, with the largest migration seen in wsc-m2.
While the center of the peak in DH is centered at nearly the same location as in SPCCSM for wsc-m1 and wsc-m1p2 (slightly east of the dateline), this center is shifted
farthest to the east in wsc-m2 to the east of 160°W. This eastward shift in convective
heating is a possible reason for the eastward shift in the center of positive equatorial IA
" forcing. Both wsc-m2 & wsc-m1p2 capture the weak diabatic cooling center seen in
SP-CCSM at the far west Pacific, unlike CAM-SPSST and wsc-m1. However, the
amplitude is very much weakened, even more so in wsc-m1p2, possibly because this
simulation also includes the correlation modes that define wsc-m1 and the diabatic
cooling center in the west is absent in wsc-m1. The circulation in wsc-m2 is much more
zonally-oriented relative to wsc-m0p0, in terms of anomalous SST, " and DH for the
reasons presented in this section.
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Figure 5.10
Regression pattern between a projected timeseries (see section 3.2.2) of " and vertical diabatic
heating (DH) between 2ºS to 2ºS as in Fig. 3.4, but with the inclusion of wsc-m2, wsc-m1 & wscm1p2 and also the uncoupled simulation CAM-SPSST. The wsc-m0p0 simulation is labeled as
CCSM in Fig. 3.4.
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5.1.4 Simulation of equilibrium modes
In order to further explore the CGCM simulations, we return to the ENSO equilibrium
solutions presented in section 2.4.1. As discussed in that section, the tilting mode and
recharge-discharge mode associated with the IA variations of the thermocline depth can
be captured (Meinen and McPhaden, 2000) by an EOF analysis of 67 . As a consistency
check, the spatial structure and amplitudes of such an analysis are shown in Figs. 5.11 (a)
and (b) for the coupled model climate simulations and analysis (similar to 5.3a and 5.5a
of Clarke 2007).

As mentioned in section 2.4.1, the location of IA " anomalies in the equatorial Pacific
and the anomalous tilt of the 20ºC isotherm are expected to be approximately in the
balance given by eqn. 2.3. The anomalous tilt of 67 expected to be represented by the
spatial structure of the first EOF mode over the equatorial Pacific is approximately in the
longitude ranges 160ºE-120ºW for Carton analysis, 158ºE-115ºW for wsc-m0p0, 180ºE110ºW for wsc-m2, 175ºE-138ºW for wsc-m1 and 175ºW-120ºW for wsc-m1p2 as seen
from Fig. 5.11a.

The longitude range of the tilt in anomalous 67 is less in both the simulations wsc-m1
and wsc-m1p2 from the EOF analysis (Fig. 5.11a), in accordance with the reduced zonal
extent of regressed zonal wind stress anomalies with niño 3.4 as observed in these

89

simulations as seen in the lower panel of Fig. 5.6. For SP-CCSM, it appears that the
tilting mode and recharge-discharge mode are given by the switched EOF modes 2 and 1
respectively. The magnitude of the recharge-discharge mode appears to be particularly
weak in the wsc-m1 followed by the wsc-m1p2 simulation as seen in Fig. 5.11b,
indicating a shallow zonal mean thermocline depth and reduced equatorial heat content
across the equatorial Pacific. This corresponds to the weak central equatorial wind stress
forcing in these simulations (see Fig. 5.7a) as a weak thermocline slope/reduced zonal
mean 67 depth at the equator corresponds to weaker integrated zonal wind stress forcing
across the equatorial Pacific (Meehl et al. 2001). During the period of randomly chosen
ENSO events, we have found that the monthly zonal mean 67 depth at the equator (not
shown) is of lowest and similar magnitude for wsc-m1 & wsc-m1p2, followed by
increasing magnitudes for wsc-m2, wsc-m0p0, SP-CCSM and observations. This is
broadly consistent with Fig. 5.11b with the exception of SP-CCSM.

The analysis and simulations, with the exception of SP-CCSM, all have an opposite sign
of EOF structure across the central and far eastern Pacific for the first mode and the same
sign for the second mode away from the far western region, suggesting that the model
simulations are in agreement in a broad sense with the observed modes of variability. The
amplitude of the tilting mode for both the analysis and model simulations correspond
closely with the Niño 3.4 anomaly index as seen in Fig. 5.12, with the exception of SPCCSM. The amplitude of the first EOF mode of the anomalous 20ºC isotherm of SP-
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CCSM appears to suggest that a different component in the anomalous 67 dominates the
variance other than the IA ‘tilting’ mode.

As discussed in section 2.4.1, since the fluctuations in the thermocline depth are expected
to be driven by the wind stress curl anomalies with a time lag, the wind stress curl
anomaly should vary like the Niño 3.4 SST anomaly index. To verify this, the zonallyintegrated wind stress curl anomaly, computed as:
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and averaged between 0°-5°S for the term on the left and 0°-5°N for the term on the right
of eqn. 5.1 and the niño 3.4 index are shown below for the analysis and model
simulations in Fig. 5.13. We note that the time variations are closely related, although
again with the exception of SP-CCSM which indicates a small time lag between the two
time series.

In this chapter, we have examined the WSC ENSO CGCM simulations in some detail
and noted that the wsc-m2 simulation is the one that produces an ENSO behavior that is
improved over wsc-m0p0 and is closest to SP-CCSM relative to wsc-m1 and wsc-m1p2.
In focusing on the curl of the wind stress, we are relying entirely on equatorial wave
dynamics and wave delay effects in setting up the periodicity of ENSO in the CGCM
simulations. In the next chapter, we present model simulations performed with a simple
heuristic coupled model with prescribed wind stress forcing in an attempt to interpret the
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observed ENSO behavior and periodicity of the CGCMs and moreover identify possible
inconsistencies in our interpretation of the model results presented so far.
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Figure 5.11
The spatial structure of the first (a) and second (b) EOFs of 67 averaged over the equatorial
Pacific (5ºS - 5ºN) representing the ‘tilting mode’ and ‘recharge-discharge’ mode respectively.
The fraction of variances explained for EOF mode 1 and 2 respectively are as follows: Carton
analysis (26%, 10%); SP-CCSM (7%, 3%); CCSM wsc-m0p0 (33%, 15%); CCSM wsc-m1 (5%,
3%); CCSM wsc-m2 (5%, 2%); CCSM wsc-m1p2 (23%, 11%).
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Figure 5.12
The non-dimensional principal component time series (shown in red) normalized to unit variance
of the first and second EOFs of 67 averaged over the equatorial Pacific (5ºS - 5ºN). Also shown
are the time series of niño 3.4 anomaly SSTs normalized to unit variance (in black). All the time
series have been detrended and low-pass filtered with a Trenberth (1984) filter.
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Figure 5.13
Monthly time series of zonally-integrated wind stress curl given by eqn. 5.1 and niño 3.4 index
for NCEP analysis, SP-CCSM, CCSM wsc-m0p0, wsc-m2, wsc-m1 and wsc-m1p2. The time
series have been low-pass filtered using Trenberth (1984) filter and are divided by their standard
deviation.
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CHAPTER SIX : PRESCRIBED WIND STRESS FORCING EXPERIMENTS IN
A HEURISTIC COUPLED MODEL AND ENSO PERIODICITY

In this chapter, we will explore the periodicity of the CGCM simulations in the
framework of a simple heuristic coupled ocean-atmosphere model, in which a statistical
atmosphere is coupled to the ocean model used in Zebiak and Cane (1987) (Kirtman
1997). Several previous studies (Graham et al. 1987a,b, Barnett et al. 1993, Balmaseda et
al. 1994, Kirtman 1997) have employed simple coupled models in which the dynamical
ocean component is coupled to a statistical atmosphere whose state is predicted using
different ocean variables such as SST, heat content, etc to study the atmosphere-ocean
interaction in the tropics. In this chapter, the IA wind stress from the CGCM simulations
will be used to define the statistical atmosphere of the simple coupled model and the
resulting ENSO periodicity will be examined in the forced simple model solution. The
purpose will be to compare the simple model and the actual CGCM simulations for a
better interpretation of the IA behavior of the CGCMs.
6.1 Simple coupled ocean-atmosphere model
The ocean component of the simple coupled model is described by the reduced gravity
equations, linearized with no mean flow except in the SST and contains tendency terms
for vertically-averaged baroclinic currents and thermocline perturbation (Kirtman 1997).
The model includes advection of mean SST and accounts for upwelling and damping as
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non-linear representations. The coupling to the atmosphere is merely included as a wind
stress term that acts as a momentum flux to the ocean and is entirely determined by the
SST in the Niño 3 region (150°-90°W; 5°S-5°N) as a linear relationship. In this
formulation, the atmosphere is assumed to be in perfect equilibrium with the SST with
zero tendencies.

The SST anomaly tendency for the surface temperature equation depends on the
anomalous currents that are predicted by the ocean model but the advection is just that of
the mean. The SST anomaly tendency also includes upwelling effects which are
dependent on the thermocline depth anomalies and damping effects. The model equations
are the one-active layer shallow water equations:
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gravity and  and 2 the thermocline depth and fluid depth respectively. The spatially
fixed oceanic forcing in the form of wind stress is modeled as:
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6.1

where  and  are the prescribed regression patterns between the time series of niño3
SSTAs and analysis/model simulated zonal and meridional surface stresses (also called
structure functions (Kirtman 1997)).

The oscillation period of the model is determined by subsurface wave delay effects
operating in the fast SST-slow wave limit (see section 2.3.3) (Kirtman 1997). In response
to a wind stress forcing, the oceanic response of the model is in the form of equatorially
trapped and off-equatorial Rossby waves that are forced by the curl of the prescribed
anomalous wind stress forcing. The phase speed of the Rossby waves decreases with
increasing distance from the equator and both the equatorially trapped and off-equatorial
Rossby waves are responsible in setting up the periodicity of oscillation (Kirtman 1997).
The off-equatorial Rossby waves are defined as those waves forced beyond s7° of the
equator. Kirtman (1997) showed that the maximum variance of the anomalous
thermocline response was concentrated at the latitude of maximum curl of the wind stress
anomaly indicating that off-equatorial Rossby waves were of significant importance in
the oceanic response.

The latitudinal extent of the " forcing is important in determining the periodicity, since a
wider meridional extent shifts the latitude of maximum wind stress curl further poleward
which excites a slower Rossby wave response and results in a longer period. In addition,
the off-equatorial Rossby waves serve to reduce the amplitude of the Kelvin wave at the
western boundary and a reduced amplitude results in a lengthening of the period of
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oscillation by requiring additional wave reflections at the western boundary to reverse the
phase of oscillation. The periodicity of this model is influenced both by the relative
importance of the equatorially trapped and off-equatorial waves and the latitude of
forcing (Kirtman 1997).
6.2 Prescribed oceanic forcing from analysis/CGCMs
We now discuss the relevant wind stress structure functions with which to force the
simple ocean model. In chapter 5, we identified the similarity in the meridional structure
of the curl of the IA anomalous wind stress in the west/central Pacific in the offequatorial latitudes particularly north of the equator in CCSM wsc-m2 and SP-CCSM
acting in conjunction with an eastward shift in the center of equatorial IA " forcing in
CCSM wsc-m2 as responsible in setting up a similar ENSO period in CCSM wsc-m2 and
SP-CCSM (Fig. 5.7c). The increased strength of off-equatorial stresses and consequently
the increased mean latitudinal gradient in " mainly north of the equator was identified as
the factor responsible for the fast periodicity in CCSM wsc-m0p0, wsc-m1 & wsc-m1p2
relative to wsc-m2 and SP-CCSM (see section 5.1.3). In addition, the local forcing effects
in the far eastern boundary were also most similar between SP-CCSM and CCSM wscm2 (Figs. 3.6 and 5.8).

Further we noted that SP-CCSM was the only simulation in which the near-equatorial
latitudinal structure of the IA anomalous wind stress in the west/central Pacific had the
deepest meridional extent to the south of the equator relative to observations (Fig. 5.7a).
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In the CGCM simulations, the ENSO periodicity from the longest to shortest oscillation
frequency is that of observations, CCSM wsc-m2, SP-CCSM, wsc-m1p2, wsc-m0p0 and
wsc-m1 (see Fig. 5.2). However there are multiple peaks in the power spectrum of niño
3.4 time series for wsc-m1, wsc-m2 & wsc-m1p2 and wsc-m1 is the poorest simulation in
this context.

We would now like to examine if a similar ENSO periodicity is attained in the simple
ocean model when it is forced with prescribed IA wind stress as described in eqn. 6.1,
from observations/analysis and each of the CGCM simulations. The regression patterns
of surface zonal monthly wind stress anomaly (that will be used as oceanic forcing for the
different simulations performed with the simple ocean model) and the curl of the wind
stress with niño 3 for NCEP analysis, SP-CCSM, CCSM-m0p0, wsc-m2, wsc-m1 & wscm1p2 are presented in Figs. 6.1 & 6.2. These patterns have already been covered in detail
in section 3.2.1 & 5.1.3 (see figs. 3.1, 5.6 & 5.7). However, unlike those sections, where
the niño 3.4 time series was used for the regression, the time series averaged over the
niño 3 region is used here instead, since the SST in the eastern equatorial Pacific (niño
region) was used to determine the oceanic wind forcing in the simple coupled model.

To recapitulate, the NCEP analysis shows a broad " anomaly forcing along the dateline
(Fig. 6.1), the anomalous wind stress curl (Fig. 6.2) is positive to the north and negative
to the south of the equator and the latitude of maximum curl is located farthest poleward
relative to the CGCM simulations in the west/central Pacific (also see Fig. 5.7 c). Among
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the CGCM simulations, the latitudinal extent of the positive " anomaly extends farthest
to the south in SP-CCSM as also reflected by the deeper extent of its negative wind stress
curl to the south of the equator.

Among the WSC simulations, the regressed pattern of " anomaly and its curl of wsc-m2
is closest to SP-CCSM in the north west/central Pacific as noted earlier, but the
latitudinal extent of the positive " anomaly to the south of the equator is not deep as in
SP-CCSM. The increased meridional shear in wsc-m0p0 is evident by the tightly
confined wind stress curl in the meridional direction and increased amplitude of mean
zonal wind stress curl in the west/central Pacific north of the equator. In this context,
notice that the amplitude of mean wind stress curl is reduced in the west/central Pacific
north of the equator as it is in SP-CCSM relative to wsc-m0p0, for the modified structure
function of the latter when the structure function of SP-CCSM is prescribed in the offequatorial latitudes (panel F of Fig. 6.2).

The increased magnitudes of negative " anomaly and corresponding increase in the
magnitude of positive curl in the northern latitudes (between 5°N to 10°N) of the wsc-m1
& wsc-m1p2 simulations in the west/central Pacific relative to the other structure
functions is conspicuous. Also noticeable is the wide longitudinal extent of positive wind
stress curl in wsc-m0p0, wsc-m1 & wsc-m1p2 along the equator, which is much reduced
in SP-CCSM and wsc-m2. In this context, notice the reduced longitudinal extent of
positive wind stress curl close to the equator for the modified structure function of wsc-
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m0p0, when the zonal wind stress structure of SP-CCSM is prescribed in the nearequatorial region (panel G in Fig. 6.2)

Further as noted before, in wsc-m1, m2 & m1p2 (Panels H, D & I of Fig. 6.1) the center
of the positive " anomaly at the equator is slightly shifted to the east, relative to SPCCSM. This shift is farthest to the east in wsc-m2 and wsc-m1p2 (which are similar in
this regard). In this chapter, we are specifically interested in the structure of the
prescribed wind stress forcing in terms of the location of the center of the equatorial "
anomaly, the strength of off-equatorial stresses and the curl of the wind stress forcing i.e.
the latitudinal extent of the positive equatorial " anomaly in determining the periodicity
of the simple ocean model.

Therefore in addition to the original regressed patterns of " with niño 3 from the
analysis and the CGCM simulations, additional patterns are formulated using the original
regressed " anomaly patterns of CCSM wsc-m0p0 and also SP-CCSM, to generate
different oceanic forcing versions of the simple coupled model to study the ENSO
periodicity. These additional forcing patterns are the following: the structure function of
CCSM wsc-m0p0 shifted ~11°E between 140°E and 85°W, wsc-m0p0 with the structure
function of SP-CCSM prescribed in the off-equatorial latitudes between 21°S -13°S and
7°N-15°N and wsc-m0p0 with the structure function of SP-CCSM prescribed in the nearequatorial region between 10°S and 4°N (panels E, F & G of Fig. 6.1 respectively). The
purpose of these modified regression patterns will be to examine the effect of the wave
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delay effects in terms of the slight eastward shift in the location of the center of the
equatorial " forcing, the effect of the strength of the off-equatorial stress forcing and the
effect of the wider latitudinal extent of the equatorial forcing of the " anomaly of SPCCSM in that order.

In the ensuing discussion, a simple coupled model simulation forced with a prescribed
regressed pattern of wind stress with niño 3 from a CGCM or NCEP analysis (say SPCCSM), will be referred to as if it were the corresponding CGCM or analysis (i.e. SPCCSM) simulation for simplicity.
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Figure 6.1
Regression pattern of surface zonal wind stress with niño 3 (D cm-2 °C-1) (structure function) for
(A) NCEP analysis, (B) SP-CCSM, (C) CCSM wsc-m0p0, (D) wsc-m2, (E) wsc-m0p0 shifted
approx. 11 degrees to the east between longitudes 140°E and 85°W, (F) wsc-m0p0 with the zonal
wind stress structure of SP-CCSM prescribed in the off-equatorial latitudes between 21°S -13°S
and 7°N-15°N, (G) wsc-m0p0 with the zonal wind stress structure of SP-CCSM prescribed
between 10°S and 4°N, (H) wsc-m1 and (I) wsc-m1p2 .
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Figure 6.2
Regression of surface zonal wind stress curl with niño 3 (D cm-2 °C-1) for the identical structure
functions specified in Figure 6.1.

6.3 Thermocline response to atmospheric forcing from analysis/CGCMs
The thermocline and " perturbations associated with an oceanic steady state solution in
response to the slow atmospheric forcing from analysis/different CGCMs for the simple
model are shown in Figs. 6.3 – 6.7 (as in Fig. 5 of Kirtman 1997).

105

Figure 6.3
Time-longitude cross sections for NCEP ocean data analysis (1) and SP-CCSM (2) of the (a)
thermocline  anomaly along the equator (b)  anomaly with the zonal mean across the basin
removed  # (c)  anomaly due to all the Rossby wave components and (d)  anomaly due to
the Kelvin wave components. The positive shading corresponds to a positive thermocline
perturbation or a deepening of the thermocline. The zonal wind stress deviation from the annual
mean is superimposed on the thermocline anomaly with a contour interval of 0.1 dynes cm-2.

The response of the heuristic model to the forcing simulated by the SP-CCSM CGCM is
nearly perfectly regular alternating warm and cold events in contrast to the quasi-periodic
nature of the ENSO oscillation with a fast oscillation period (panel 2 of Fig. 6.3) (referred
to as SP-CCSM simulation in this chapter) relative to the response with analysis forcing
(panel 1 of Fig. 6.3) (referred to as analysis in this chapter). In the case of the response
with the prescribed surface wind stress of NCEP ocean data analysis, the periodicity and
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amplitude of the events are loosely comparable to that of observations. However unlike
observations, the positive and negative thermocline perturbations are nearly perfectly
symmetric and the oscillation is regular.

In general, a positive wind stress atmospheric forcing generates upwelling Rossby waves
to the west of the forcing and downwelling Rossby waves reflected off the eastern
boundary in response to the eastward propagating Kelvin wave which has reached the
eastern boundary. As the reflected Rossby waves from the eastern boundary encounter
the forcing, they are destructively interfered with and their amplitude gets clobbered.
These waves are not too important in determining the periodicity of the model (Kirtman
1997). The upwelling Rossby waves reflected off the western boundary are crucial
however in establishing the period of oscillation.

For a positive wind stress anomaly forcing in the central Pacific, the thermocline
perturbation is shallower than normal in the west and deeper than normal in the east. The
thermocline perturbation at any point can be expressed by an orthonormal basis set of
symmetrical and antisymmetrical Hermite functions and further decomposed into a
Kelvin wave solution part that displays a symmetrical structure about the equator and
decays away from it and the part that is due to all the Rossy waves. The Rossby wave
part and the Kelvin wave part are shown in panels ‘c’ and ‘d’ of Figs. 6.3 – 6.7.
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6.3.1 Oceanic wave response to the forcing
The atmospheric forcing modifies the amplitude of the oceanic waves along the path of
the waves. Further the amplitude of ENSO critically depends on the atmospheric forcing
along the path of the oceanic waves (Kirtman, through communication). In this context,
we now give a brief description of the generalized equatorial waves in the system
generated in response to an atmospheric forcing.

The system of generalized oceanic equatorial waves are composed of Rossby waves,
Kelvin waves and gravity waves modified by rotation. The phase speed of Rossby waves
in the absence of mean flow is always to the west, although the energy propagation
(group velocity) can be in either direction and even stationary, depending on the scale of
the wave. These waves are non-dispersive and faster at low order modes, large scales and
low frequencies. The scale of equatorial Rossby waves is determined by their meridional
mode number and lower order meridional modes propagate at faster speeds. The Rossby
wave restoring force is the latitudinal change of Coriolis force and these waves act to
preserve vorticity in the system in reponse to a perturbation. These waves arise as a
consequence of the ageostrophic component in ‘y’.

Kelvin waves on the other hand are strongly equatorially trapped, quasi-geostrophic
gravity waves that only propagate eastward relative to the mean flow, have no associated
meridional component of velocity, are symmetric about the equator, decay away from it
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and propagate at the same speed at all scales. Coastal Kelvin waves propagate along the
coasts and decay away from the boundary.
6.3.2 Reversal of phase of oscillation
In this simple model, when the system is in an equilibrium state, the slope of the
thermocline anomaly (given by  # ) is in balance with zonal wind stress perturbations
along the equator (as seen in panel ‘b’ of Figs. 6.3 – 6.7). The disequilibrium state of the
model that is required to reverse the warm and cold events is partly brought about by the
zonal thermocline perturbation that is not identically zero in the absence of the
atmospheric zonal wind stress forcing (panel ‘a’ of Figs. 6.3 – 6.7) or by the zonal mean
r .
thermocline 

This effect is mainly observed in the eastward propagating thermocline disturbance in the
Kelvin wave part in the absence of zonal wind stress anomaly forcing and also faintly
evident in the amplitude of the westward progating Rossby waves. Further, during a
positive wind stress forcing, the system is suggestive of a thermocline anomaly response
that is uniformly discharging or a thermocline depth anomaly that uniformly gets
shallower across the basin, although the surface temperature anomaly is positive in the
east. Similarly during a cold event the thermocline perturbation is recharging in terms of
subsurface warmth.

The region of strong air-sea coupling in the central Pacific acts as a forcing region or
boundary for wave propagation. Rossby waves reflecting off the eastern boundary and
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trying to propagate into the west are apparent (panel c of Fig. 6.3) although they cannot
entirely explain the period of the oscillation, due to destructive interference in the region
of the zonal wind stress forcing. The Kelvin waves however propagate through this
region of forcing. The strong dissipation of Rossby wave amplitude reflected off the
eastern boundary at the forcing region is however not apparent in the wsc-m0p0 (panel
3c; Fig. 6.4), wsc-m1 (panel 8c; Fig. 6.6) or wsc-m1p2 (panel 9c; Fig. 6.7) simulations,
hinting at a strong role of eastern boundary Rossby wave reflections in determining the
ENSO period in these simulations. All these simulations exhibit a nearly 2-year
periodicity corresponding to the fastest Rossby waves in the system.
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Figure 6.4
As in Fig. 6.3, but for CCSM wsc-m0p0 (3) and wsc-m2 (4).

The fast eastward propagating Kelvin waves are quite apparent from panels ‘a’ and ‘d’ of
Figs. 6.3 – 6.7. There is however also a slow migration projecting onto the Kelvin wave
propagating towards the east, which is due to the debris of multiple Kelvin waves acting
as a permanent perturbation through the group velocity. This projection due to the group
velocity is responsible for reversing the instability in the east.
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6.3.3 Effect of off-equatorial and equatorial Rossby waves
We now examine the oscillation period of the simulations in Fig. 6.3 – 6.7 in relation to
the structure of the regressed " forcing pattern prescribed for each simulation with the
simple model. Recall that the oscillation period is determined by both the equatorial and
off-equatorial Rossby wave response. The latitude of maximum curl of the wind stress
forcing is farthest poleward of the equator for NCEP analysis. This latitude determines
the meridional mode of Rossby waves that get preferentially excited in response to the
forcing, as this is the latitude where the group velocity is concentrated. The broad patch
of westerly " forcing of the analysis (pattern A of Fig. 6.1) evokes higher order slower
phase speed oceanic Rossby waves in response to the forcing resulting in the longest
oscillation period of all the simple model simulations, as seen in panel 1 of Fig. 6.3.

Recall that in SP-CCSM, the latitudinal extent of the positive " forcing is deepest to the
south of the equator and its off-equatorial stresses are weakest relative to all the other
CGCM simulations, although not as deep or weak as in the analysis. Consequently, the
periodicity in the simple model SP-CCSM simulation is the longest among the simple
model simulations SP-CCSM, wsc-m0p0, wsc-m1, wsc-m2 & wsc-m1p2 (panels 2 of
Fig. 6.3, 3 of Fig. 6.4, 8 of Fig. 6.6, 4 of Fig. 6.4 & 9 of Fig. 6.7). These five simple
model simulations use prescribed wind stress structure functions obtained from
corresponding actual CGCM simulations. The rest of the simple model simulations
(panels 5 & 6 of Fig. 6.5 and 7 of Fig. 6.6), (which we will hereafter refer to as derived
simple model simulations) use slight modifications to the prescribed " forcing to the five
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simple model simulations as their own prescribed " forcing as described in the previous
section 6.2.

Before we proceed further, we note that among the simple model simulations wsc-m0p0,
wsc-m1, wsc-m2 & wsc-m1p2, wsc-m2 (panel 4; Fig. 6.4) has the longest oscillation
period. This is true also in the corresponding actual CGCM simulations. Since the CGCM
simulated wind stress forcing of wsc-m2 has been maximized to correspond as close as
possible to that of the CGCM simulated wind stress of SP-CCSM on IA time scales, we
will now try to interpret the relatively longer period observed in the simple model wscm2 simulation in relation to the wind stress structure function of the simple model
simulations wsc-m2 and SP-CCSM.

As we have discussed in section 6.2, there exist different possibilities as to why the wscm2 CGCM has reduced ENSO periodicity relative to the CCSM wsc-m0p0 CGCM which
we will now examine with the derived simple model solutions.
6.3.3.1 Effect of an eastward shift in the center of positive equatorial wind
stress forcing:
We first examine the effect of a longitudinal shift in the center of positive IA equatorial
wind stress forcing, which we noted earlier was present in the wsc-m2 CGCM relative to
the wsc-m0p0 CGCM. Therefore the derived simple model experiment ‘wsc-m0p0 (shift
~11°E)’ is designed using the original structure function of wsc-m0p0 but shifting it
about 11 degrees to the east (pattern E of Fig. 6.1). Note that in this and other derived
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simple model experiments, there is no assumption about preserving the total amplitude of
the thermocline perturbation. As seen from the response to this modified structure
function in panel 5 of Fig. 6.5, the oscillation period of the derived simple model has
become longer relative to wsc-m0p0 (panel 3 of Fig. 6.4) and more closely resembles the
simple model wsc-m2 (panel 4 of Fig. 6.4). Therefore the eastward shift of the " forcing
is a likely reason for the longer periodicity in the simple model wsc-m2 relative to wscm0p0 (recall that the eastward shift in the equatorial IA " forcing of the wsc-m2 CGCM
is due to the eastward shift in the IA convective heating center in this CGCM similar to
that of the SP-CCSM CGCM (section 5.1.3 and Fig. 5.10).

6.3.3.2 Effect of the strength of off-equatorial wind stress forcing:
In order to determine if the reduced strength of the off-equatorial negative IA wind stress
anomalies in the west/central Pacific observed in the wsc-m2 CGCM relative to the wscm0p0 CGCM has caused the ENSO periodicity to become longer in the wsc-m2 simple
model solution, a derived simple model experiment ‘wsc-m0p0 (off-eq. SP)’ is designed
in which the original structure function of wsc-m0p0 is modified by prescribing the
structure function of SP-CCSM in the off-equatorial latitudes between 21°S -13°S and
7°N-15°N (pattern F of Fig. 6.1). As seen from the response of the derived simple model
in panel 6 of Fig. 6.5, the period of oscillation is longer relative to wsc-m0p0 (panel 3 of
Fig. 6.4) and is rather similar to that of wsc-m2 (panel 4 of Fig. 6.4), suggesting that the
reduction in the strength of off-equatorial IA wind stress forcing in wsc-m2 relative to
wsc-m0p0 could also have contributed to the reduced oscillation period of wsc-m2.
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6.3.3.3 Effect of the latitudinal extent of equatorial wind stress forcing:
Finally, as noted in the beginning of this section, the latitudinal extent of the nearequatorial IA wind stress anomalies is largest in the SP-CCSM CGCM relative to the
other CGCMs. In order to examine the effect of an increased meridional extent of
equatorial IA wind stress forcing in wsc-m0p0, a derived simple model simulation ‘wscm0p0 (near-eq. SP)’ is performed in which the structure function of wsc-m0p0 is
modified in the near-equatorial region by prescribing that of SP-CCSM between 10°S
and 4°N (panel G in Fig. 6.1). As expected, the periodicity of the derived simple model
shown in panel 7 of Fig. 6.6 is much longer relative to wsc-m0p0 (panel 3 of Fig. 6.4)
and closely resembles that of SP-CCSM (panel 2 of Fig. 6.3). However the increased
latitude of maximum curl in the structure function of SP-CCSM is not captured in wscm2.

From the discussion presented in sections 6.3.1 to 6.3.3, we conclude that both the shift in
the longitudinal position of the center of near-equatorial IA " forcing and the reduced
strength of the off-equatorial IA " forcing are possible reasons for the longer oscillation
period of wsc-m2 relative to wsc-m0p0 in the simple coupled model.
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6.3.4 Meridional shear and model disequilibrium
Finally, we note that all three of the simple model simulations wsc-m0p0, wsc-m1 and
wsc-m1p2 (panels 3, 8 and 9 of Figs. 6.4, 6.6 & 6.7) exhibit a similar oscillation period
corresponding to the transit time of the gravest order Rossby modes in the system
reflecting from the center of the basin. There is a strong hint of westward propagating
Rossby wave disturbances as seen in the  anomaly due to all the Rossby wave
components (panels 3c, 8c and 9c of Figs. 6.4, 6.6 & 6.7) in these simulations.

Moreover neither the thermocline  anomaly along the equator nor the  anomaly with
the zonal mean across the basin removed  # are in equilibrium with the wind stress
anomaly (see panels 3 a & b, 8 a & b and 9 a & b of Figs. 6.4, 6.6 & 6.7) and the
meridional structure of the westward propagating Rossby wave projects onto the
meridional structure of  # . These westward Rossby waves possible include the effect of
the phase-reversing off-equatorial Rossby waves originating at the center of the basin at
the same time and location of the equatorial " forcing during a warm/cold event arising
from the strong meridional shear in " in the west/central Pacific as observed by Neale et
al. 2008.
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Figure 6.5
As in Fig 6.3, but for the CCSM wsc-m0p0 simulation when its original structure function is
shifted approx. 11 degrees to the east between longitudes 140°E and 85°W (Pattern E of Fig. 6.1)
(5) and wsc-m0p0 simulation with the zonal wind stress structure function of SP-CCSM
prescribed in the off-equatorial latitudes between 21°S -13°S and 7°N-15°N (Pattern F of Fig.
6.1) (6).
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Figure 6.6
As in Fig 6.3, but for the CCSM wsc-m0p0 simulation with the zonal wind stress structure
function of SP-CCSM prescribed between 10°S and 4°N (Pattern G of Fig. 6.1) (7) and wsc-m1
simulation (8).
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Figure 6.7
As in Fig 6.3, but for the CCSM wsc-m1p2 simulation (9).

6.4 Analogy to CGCM simulations
In the simple model simulations with prescribed wind stress structure functions, the
NCEP analysis simulation yields the longest ENSO period of about 5 years, followed by
SP-CCSM with a period of about 3 years and wsc-m2 with a slightly shorter period. On
the other hand, wsc-m0p0, wsc-m1 and wsc-m1p2 all have a short period of about 2
years. In the actual CGCM simulations, SP-CCSM and wsc-m2 have a comparable period
of about 36 months, with wsc-m2 simulation hinting at a slightly longer period, while
wsc-m0p0 has a regular 2-year period. Both wsc-m1 and wsc-m1p2 have shorter periods
than wsc-m2, with multiple peaks in the power spectrum of Niño 3.4.

In the CGCM simulations, we observed in section 5.1.3 and 6.2 that the longer ENSO
peridiocity in wsc-m2 relative to wsc-m0p0, wsc-m1 & wsc-m1p2 appeared to be due to
an eastward shift in the center of near-equatorial positive wind stress forcing and a
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similarity between wsc-m2 and SP-CCSM in the variation of the CGCM simulated IA
wind stress curl in the central/west Pacific in the off-equatorial latitudes, particularly to
the north of the equator acting in conjunction. In SP-CCSM, we noted the shift in the
latitude of maximum IA wind stress curl anomaly in the west/central Pacific farther to the
south of the equator relative to the other CGCM simulations as a desirable factor in
controlling its ENSO periodicity although this was not captured by wsc-m2 or any other
wind stress corrected CGCM. Similarly for wsc-m0p0, wsc-m1 & wsc-m1p2, we
identified the strong meridional shear in the IA wind stress anomaly and increased
strength of the off-equatorial stresses as the factors leading to a short period in these
models. These are identical to the conclusions to be had from this chapter based on the
simple model simulations and therefore our interpretations of the observed ENSO
behavior from the CGCM simulations and the simple model simulations are consistent
with each other.
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CHAPTER SEVEN : SUMMARY, CONCLUSIONS AND FUTURE WORK

The representation of atmospheric deep convection in a coupled GCM can have a
profound impact on its ENSO simulation. An improved representation of clouds by the
explicit treatment of cumulus scale convection in a coupled CGCM (Stan et al. 2010)
(SP-CCSM) has been shown to result in a significantly improved ENSO simulation over
that of the host model from which it was derived which employs conventional
parameterization (CCSM). In particular, the explicitly resolved clouds have been shown
to yield a better representation of low-level wind variability associated with ENSO and
an improved oceanic response (Stan et al. 2010, Demott et al. 2011).

This research has focused on understanding the impact of the structure and time evolution
of the low-level wind response of SP-CCSM to the atmospheric forcing from the
explicitly resolved clouds and associated DH on IA time scales. Towards this, a statistical
model of surface wind stress along the lines of statistical atmospheres in hybrid coupled
models (Eckert and Latif (1997), Harrison et al. (2002), Wittenberg 2002) has been
implemented in the host model.

The statistical model introduces the dominant modes of low-level wind variability of SPCCSM on IA time scales into the host model as a statistical correction of the latter’s
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simulated surface stress. The statistical model is based on a linear regression of the
difference in simulated monthly surface wind stress between SP-CCSM and an
uncoupled version of CCSM (forced with the SSTAs of SP-CCSM) and SP-CCSM
SSTAs and maximizes the correlation between the two. Moreover, it allows for the
explicit separation of the independent correlation modes so that a separate CGCM
simulation can be obtained for each mode. This approach has proven to be useful in
isolating the impact of variations in the structure and time evolution of the corrected
surface stress forcing and subsequently that of the IA surface stress forcing of SP-CCSM
itself. Such an approach also permits the isolation of off-equatorial and equatorial stress
forcing and associated oceanic response.

The conclusions drawn from the study are summarized in the following points:

(1) The anomalous IA SST variations of the host CCSM are strongly meridionally
oriented (Neale 2008) and trigger a similarly oriented vertically-integrated DH
response which leads to a surface wind response that is highly conducive to
establishing a biennial ENSO oscillation in CCSM. The improved IA low-level
wind variability of SP-CCSM is a result of the IA surface wind response to a
more realistic zonally-oriented DH relative to that of the host model with an
eastward shift in the center of deep convection over the central Pacific and a
diabatic cooling center over the SPCZ.
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(2) In SP-CCSM, the eastward shift in the center of deep convection results in a
meridionally deep surface zonal wind response that retains longer periods of
absolute westerlies for a warm event. Similar ENSO behavior has already been
noted by Neale et al. 2008 in an improved version of CCSM. This is associated
with the shift in the latitude of maximum curl of anomalous IA wind stress in the
west/central Pacific farther to the south of the equator relative to CCSM. The
equatorial oceanic response to this forcing involves higher order meridional
Rossby modes with slower phase speeds lengthening the ENSO periodicity.

However the near-equatorial wind stress forcing in the CGCM that employs the
statistical scheme with the best representation of the ENSO variability of SPCCSM, the wsc-m2 CGCM, is relatively unchanged as it has not captured the
near-equatorial meridional structure in the anomalous IA wind stress curl of SPCCSM in the west/central Pacific.

(3) The off-equatorial stress forcing is nearly identical in SP-CCSM and the CGCM
wsc-m2 to the north of the equator with identical anomalous IA wind stress curl
forcing in the off-equatorial latitudes and reduced mean poleward gradients of
off-equatorial anomalous wind stress curl in the west/central Pacific. This is
associated with a reduced strength of off-equatorial phase-reversing stress forcing
in SP-CCSM particularly to the north of the equator that possibly contributes to a
lengthening in the period of oscillation (Neale et al. 2008) relative to CCSM. The
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northern off-equatorial oceanic response appears to be nearly identical in SPCCSM and the wsc-m2 CGCM.
(4) The eastward migration of absolute westerlies in SP-CCSM introduces a local
wind stress forcing in the far eastern Pacific that impedes the effect of the
upwelling Kelvin waves. This has been observed in both SP-CCSM and the the
wsc-m2 CGCM although the structure of equatorial forcing is not identical in
these models. This indicates the involvement of off-equatorial Rossby waves in
the local wind stress forcing effects in the far eastern Pacific.
(5) The effect of introducing the dominant modes of low-level wind variability of
SP-CCSM in the host model has resulted in a eastward shift in the IA deep
convective heating structure similar to that of SP-CCSM. In addition, the wsc-m2
CGCM exhibits an eastward shift in the center of equatorial IA zonal wind stress
forcing which in conjunction with the reduced strength of off-equatorial phasereversing wind stress forcing leads to a longer ENSO periodicity that is similar to
that observed in SP-CCSM in the host CCSM model which employs the
statistical correction scheme.

The implementation of the statistical model that introduces the dominant modes of
variability in the IA stress forcing of SP-CCSM in the host model is a useful tool in
isolating the effects of surface wind response to atmospheric forcing. The statistical
model can be extended further to introduce the dominant modes of variability of IA
diabatic heating of SP-CCSM in the host model. This creates a useful framework in
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which to isolate and quantify the equatorial and off-equatorial response of IA DH to IA
SSTA variations across the Pacific and the surface wind and oceanic wave response to
the atmospheric forcing and requires further investigation.
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